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Abstract

A multiple scattering radiative transfer model in the shortwave wavelength
region has been developed for the atmosphere-snow system in which the absorption and
scattering by the realistic gases, aerosols and clouds were included and a radiative
interaction between the atmosphere and the snow was simulated. Using this model the
atmospheric effects on spectral albedo and radiation budget at the snow surface and the
top of the atmosphere were investigated. Furthermore, observations of spectral albedo
and bidirectional reflection distribution function (BRDF) with the spectrometer have
been made together with the snow pit works on some snowficlds. The results of
spectral observations were compared to the theoretically calculated ones with a multiple
scattering model for the atmosphere-snow system and the effects of snow physical
parameters on spectral albedo and BRDF were investigated.

In Chapter 1, the approximation methods for Mie phase function were
discussed in caiculating the spectral albedo of snow surface by taking account of the
multiple scattering by snow particles. The particles such as snow grains which are
large compared to the wavelength have a strong forward peak in the phase function of
single scattering. It has been known that a large error is led by the calculation of
multiple scattering directly using such phase function. Therefore, four types of
approximations of Mie phase function were investigated in calculating the multiple
scattering by snow particles using the "doubling” method. These involve Hansen's
renormalization, Grant's renormalization, the delta-M method and the truncation method.
Using these approximations, the spectral albedos of snow surface were calculated under
the conditions of effective grain radii of 50, 200 and 1000wmn in a wavelength region
from 0.3 to 3.0um, and were compared to that calculated using the delta-Eddington
approximation. The reason to compare with the delta-Eddington approximation is that
this method does not need a phase function and a behavior of the systematic error is
understood. In the Hansen's renormalization, the maximum albedo error exceeded 0.1
for the snow with an effective radius of 1000wm at small solar zenith angles. The
delta-M method overestimated the snow albedos at all solar zenith angles at the
wavelengths less than 1.4wm for the snow with an effective radius of 1000 wum.
Reasonable results were obtained by the Grant's renormalization and the truncation

method for all three cases of effective grain radii studied. [t was also found that these



methods save computation time and memory because sufficient accuracy was obtained
even with an angle resolution of 0.1° in the forward peak region of phase function. In
case of truncation method, the result was not sensitive to the choice of a truncation
angle between 5° and 20°.

In Chapter 2, the atmospheric effects on spectral and spectrally integrated snow
albedos at the snow surface and the top of the atmosphere were investigated. A
multiple scattering radiative transfer model based on the "doubling and adding” method
combined with the Mie theory was applied to estimate the effects of absorption and
scattering by the atmospheric molecules, absorptive gases, aerosols and clouds. Based
on the result of Chapter 1, the truncation method with a truncation angle of 10° was
employed to correct the anisotropic Mie phase function. It was shown that the spectral
surface albedo was reduced by the atmospheric absorptive gases at large solar zenith
angles. The solar zenith angle dependence was weakened at the wavelengths less than
0.5umby the Rayleigh scattering and at almost all wavelengths by the atmospheric
aerosols and cloud cover. H,O rich atmosphere decreased the spectral surface albedo
at large solar zenith angle in the H,O bands, while the additional reduction of
downward solar flux in the near infrared region by H,O absorption caused the
spectrally integrated surface albedo to increase by several percent.  Aerosols increased
the spectrally integrated surface albedo at small solar zenith angles and reduced it at
large solar zenith angles, however they reduced the spectrally integrated planetary
albedo except at large solar zenith angles. Optically-thick cloud cover increased both
the spectrally integrated surface and planetary albedos at any solar zenith angle. In the
visible region at small solar zenith angles the downward solar flux on the snow surface
under cloudy sky could exceed that for clear case, and both further could exceed the
extraterrestrial solar flux, resulting from the multiple reflection between snow surface
and the atmosphere (cloud cover). o

It is concluded, from what has been said above, that the snow surface albedo is
affected by the appearances of cloud or aerosols of high concentration. It is also found
that the snow surface albedo is affected by the Rayleigh scattering at -shorter
wavelengths and by the atmospheric absorption at large solar zenith angles. Thus, it is
necessary to take the atmospheric effects into account for comparison of the theoretical
albedo of snow surface with the measured one, according to the conditions of clouds,

aerosols, water vapor and solar zenith angle.



In Chapter 3, the spectral albedo in the wavelength region of 0.35-2.5 um
observed on the snowfield under the cloudy sky at Barrow, Alaska in April, 1997 was
discussed. The observed spectral albedo was compared with the theoretical ones
calculated by a multiple scattering model for the atmosphere-snow system using the
snow physical parameters obtained from the snow pit work. It was found that for new
snow consisting of dendrites the optically effective snow grain size was not a crystal
size, but of the order of a branch width. The observed spectral albedo was lower than
theoretically calculated one for "pure snow" in the visible region and a part of the near
infrared region; such reduction was explained by the internal mixture of soot and the
external mixture of dust for snow particles. The theoretical spectral albedo calculated
for a two-layer snow model that contains impurities agreed well with the measured one
at all wavelengths.

In Chapter 4, the effects of snow physical parameters on spectral albedo and
bidirectional reflectance of snow surface were discussed by comparing the observed
spectral data with the theoretical ones. The observations of spectral albedo and
bidirectional reflectance in the wavelength region of 0.35-2.5m were made together
with snow pit work on a flat snowfield under the clear sky in castern Hokkaido, Japan in
February, 1998. The effects of snow impurities, density, layer structure, and grain size
attained by in situ and laboratory measurements were taken into account In Snow
models for which spectral albedos were calculated using a multiple scattering model for
the atmosphere-snow system. Comparisons of these theoretical albedos with measured
ones suggest that the snow impurities were concentrated at the snow surface by dry
fallout of atmospheric aerosols. The optically equivalent snow grain size was found to
be of the order of a branch width of dendrites or of a dimension of narrower portion of
broken crystals as was same in Chapter 3. This means that the optical equivalent snow
grain size is smaller than the so-called snow grain size measured glaciologically. The
observational results for the BRDF normalized by the radiance at the nadir showed that
the anisotropic reflection was very significant in the near infrared region especially at
the wavelengths longer than 1.4m, while the visible normalized BRDF (NBRDF)
patterns were relatively flat. Comparison of this result with two kinds of theoretical
NBRDFs, where one having been calculated using single scattering parameters by the
Mie theory and the other using the same parameters except for Henyey-Greenstein (HG)

phase function obtained from the same asymmetry factor as in the Mie theory, showed



that the observed NBRDF agreed with the theoretical one using HG phase function
rather than with that using Mie phase function, while the albedos calculated with both
phase functions agreed well with each other. This suggests that the optically effective
snow grain shape is neither the sphere nor the ordinary hexagonal column, by which
respectively the rainbow or halo appear in the theoretical BRDF pattern, but is the

nonspherical particle having the smooth phase function.



General Introduction

The cryosphere plays an important role for the energy budget on the earth
because of its high reflectance and the large variation of its areal extent. The snow-
covered region of the earth’s surface, in particular, has a large seasonal variation and its
albedo also varies greatly from that of freshly fallen snow to that of melting snow. The
melting of polar snow and ice by global warming and the resultant sea level rise are
matters currently causing much public anxiety (Warrick et al., 1995). Recently, it is
reported that the variation of snow-covered region in the Eurasian Continent has an
influence on annual variation of East Asian climate (Yasunari et al., 1991), and many
Himalayan glaciers are retreating (Higuchi et al, 1980). An understanding of the
radiative process in the cryvosphere, especially of snow albedo properties, is important
not only for an understanding of the interaction between the atmosphere and the snow
surface, but also for the remote sensing of the cryosphere to monitor the climate change.

An attempt to calculate the spectral albedo of snow with a multiple scattering
radiative transfer model in the visible and near infrared regions has begun from DUNKLE
and BEVANS (1936). This model and the following model by GIDDINGS and
LACHAPELLE (1961) did not consider the single scattering properties by each snow grain
independent of a multiple scattering, and thus were valid only for the diffuse incidence
and high albedo. In the 1970's, many multiple scattering models for snow albedo,
which consider the single scattering by each snow grain, have appeared {BARKSTROM,
1972; BOHREN and BARKSTROM, 1974; BARKSTROM and QUERFELD, 1975; BERGER,
1979; CHOUDHURY and CHANG, 1979a, b). However, these models were not accurate
enough for the wide ranges of wavelength, grain size and solar zenith angle. One
reason is that since the particles larger than the wavelength such as snow grains have a
very sharp forward peak of single scattering, a multiple scattering calculation using such
the phase function often contains an error. As against this WISCOMBE and WARREN
(1980) and WARREN and WISCOMBE (1980) simulated the spectral albedo of snow by
the Mie theory for single scattering and by the delta-Eddington approximation for
multiple scattering, which is advantageous to the handling of anisotropic phase function.
They showed the dependence of the spectral albedo of snow on the observable
parameters such as solar zenith angle, snow grain size, illuminating conditions and snow

impurities. Viewing from the other standpoint this means that the snow physical



parameters such as grain size and impurities are possible to be remotely retrieved from
the space. CHOUDHURY and CHANG (1981a, b) and CHOUDHURY (1981) introduced
the effects of the atmospheric gaseous absorption and a surface reflection into their
snow albedo model. WARREN (1982) discussed that almost all models until then
belonged to the category of two-stream approximation. In the models by WISCOMBE
and WARREN (1980) and CHOUDHURY and CHANG (1981a, b) there were following two
insufficient points: One is that the realistic atmospheric effects on the radiative
interaction between the atmosphere and the snow was not incorporated. The other is
that the error increased at large solar zenith angles because of an employment of the
two-stream approximation (the delta-Eddington approximation belongs to this category).
As we have seen above, the accuracy of the past albedo models of snow surface was not
necessarily sufficient with regard to the atmospheric effects and the dependence of solar
zenith angle. However, if the multiple scattering model, in which the interaction
between the atmosphere and the snow is considered, keeping the accuracy even at large
solar zenith angles is developed, it would become the basic model applicable for the
studies such as: (1) the satellite remote sensing of snow physical parameters; (2) the
radiation budget at the snow surface and the top of the atmosphere; and (3) the
prediction of the ultraviolet radiation on the snow surface.

On the remote sensing of snow physical parameters, WARREN (1982) showed
that a cloud cover over snow surface is detectable by the reflectance at around the
wavelength of 1.6 wm and a liquid water content in the snow could affect the
reflectance. The multi-channel optical sensor GLI (Global Imager) mounted on the
Japanese satellite ADEOS-II (Advanced Earth Observing Satellite-II) that will be
launched in 2000 (NAKAJIMA et al., 1998), equips 36 channels from the visible to the
infrared regions. Using this sensor, it is proposed to retrieve the snow grain size and
the snow impurities. Since the snow grain size varies depending on the history of
meteorological condition such as the temperature and solar radiation under which the
snow has exposed, the retrieved snow grain size is possible to be used for the
monitoring of climate change on the ice sheet especially in Antarctica with a small
amount of short term variation of snow grain size. On the other hand, since the snow
impurities reduce the visible albedo (Warren and Wiscombe, 1980}, it could enhance the
global warming. It is necessary to monitor the global concentration distribution of

snow impurities because the strongly absorptive materials especially such as soot, that is




commonly contained in the snow, are anthropogenic impurities produced from a
burning of fossil fuels.

For the development of a multiple scattering model for the atmosphere-snow
system, the spectral albedo observation of snow surface is very important to evaluate
the appropriateness of the model itself. The spectral albedo observations of snow
surface have started from the pioneer work made by LILIEQUIST (1956) for four visible
bands in Antarctica, and have been followed by the works made by GRENFELL and
MayxuT (1977) and KUHN and S10GAS (1978) with the spectrometer at the wavelengths
longer than 1.6 wm in the polar regions. The visible albedos observed in these works
were too low compared to the theoretically predicted ones for pure snow in the polar
region. This reason is considered to be caused by the observation method.  After that
such spectral measurements have been made in the wide spectral range from the visible
to the wavelengths beyond 2.0 ton  (GRENFELL, 1981; GRENFELL and PEROVICH, 1984;
GRENFELL et al., 1994) and the relationships between the spectral albedo and snow
physical parameters such as grain size or impurities have been clarified. GRENFELL et
al. (1994) showed from three wintering observations in Antarctica that the observed
spectral albedos agreed well with the theoretical ones calculated with the model by
WisCcOMBE and WARREN (1980) under cloudy conditions, while some discrepancies
remained at the near infrared wavelengths under the clear conditions. WARREN ef al.
(1986) cited the following three reasons on the difficulties in measuring the spectral
albedo under clear condition as: (1) setting error of the instrument; (2) the deviation
from the so-called "cosine property” of the incident angular sensitivity of the instrument
and (3) the problem of the slant snow surface. On the other hand, there are little
measurements of the spectral albedo for the snow with complicated layer structure,
which would also affect the spectral albedo.

Since the bidirectional reflection property of snow is very anisotropic, the
study of bidirectional reflection distribution function (BRDF), that depends on the
incident angle and the reflection angle, is very important for satellite remote sensing of
snow surface. The early BRDF observations of snow surfaces were made in the broad
spectral regions (SALOMONSON and MARLATT, 1968; KUHN, 1974; DIRMHIRN and
EATON, 1975). The first measurement in narrow spectral band was made by KUHN and
S10GAS (1978) at the monochromatic wavelength of 0.45 gn at the South Pole and the

effect of sastrugi was reported.  After that, some BRDF observations were made in the



narrow spectral bands of the wavelength region less than 1.0gn (KUHN, 1985;
STEFFEN, 1987, WARREN et al., 1998) and it was shown that the maximum value of
BRDF appeared at the forward scattering direction of the solar zenith angle and the
minimum at the backscattering direction. It was also shown from these observations
that the relative relation between the Sun and sastrugi highly affected the BRDF pattern.
On the other hand, Li (1982) calculated the snow BRDF using the Mie theory and the
"doubling" method, but there were a few BRDF models of snow surface considering the
interaction with the atmosphere. Recently LEROUX et al. (1999} calculated the snow
BRDF using the "doubling and adding” method together with the Mie theory and ray
optics, and LEROUX and FILY (1998) extended their model to the snow surface with
sastrugi. Thus the snow BRDF properties were understood to some extent, but there is
no BRDF model to compare with the measured ones in the wide spectral range from the
visible to the wavelengths beyond 1.0 g .

As we have seen above the past albedo models of snow surface were not
accurate at the large solar zenith angles and were insufficient with regard to the
atmospheric effects. The spectral albedos calculated with such models have been
compared with the observed spectral albedos only under the limited conditions. The
relationships between spectral albedo and snow physical parameters have not validated
sufficiently. To develop the accurate multiple scattering model for the atmosphere-
snow system, in Chapter 1 four types of approximations of Mie phase function were
investigated in calculating the multiple scattering by snow particles larger then the
wavelength using the "doubling” method. In the following Chapter 2, the multiple
scattering model for the atmosphere-snow system, in which the interaction between the
atmosphere and the snov.»r is considered, was developed based on the result of Chapter 1.
Using this model the atmospheric effects on the spectral and spectrally integrated snow
albedos at the snow surface and the top of the atmosphere were investigated. In
Chapler 3, the spectral albedo in the wavelength region of 0.35-2.5 n observed with
the spectrometer on the snowfield under the cloudy condition at Barrow, Alaska was
discussed. The effects of snow grain size and impurities on the spectral albedo were
investigated by comparing the observed spectral albedo with the theoretical ones
calculated by the model developed in Chapter 2, in which the snow physical parameters
obtained from the snow pit work were used. In the last Chapter 4, the observational

results of spectral albedo and bidirectional reflectance in the wavelength region of



0.35 - 2.5 wm made with snow pit work on a flat snowfield under the clear condition in
eastern Hokkaido, Japan was discussed. From this results, the effects of snow grain
size and snow layer structure of impurities on spectral albedo and bidirectional
reflectance were investigated by comparing the observed spectral data with the
theoretical ones calculated by a multiple scattering model for the atmosphere-snow

system.
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Abstract

Four types of approximations of the Mie phase function were studied in calculating multiple
scattering by snow particles with the doubling method. These involve the two renormalizations
of Hansen and Grant, the delta-M method and direct truncation. These four approximations were
compared for snow surface albedo with effective grain radii of 50, 200 and 10004 m in a wavelength
region from 0.2 to 3.0# m with the delta-Eddington approximaiion as a reference. inthe Hansen's
renormalization. the maximum albedo error exceeds 0.1 for snow with an effective radius of 1000
#m at small solar zenith angles. The delta-M method overestimates snow albedos at all solar
zenith angles in a2 wavelength region smaller than 1.4# m for snow with effective radius of 1000
#m. This is due to insufficient angle resolution (0.1° in a scattering angle region less than 2°) in
the forward peak region of the lock-up table of the Mie phase function. It has been shown that
even with ten times higher resolution in the scattering angle regicn less than 10° a sufficiet accu-
racy could not be obtained for an effective radius of 10002 m in a wavelength region smaller than
0.62m. Reasonable results were obtained by the Grant's renormalization and direct truncation
approximation for all cases of effective grain radii studied. It was also found that these methods
save computation time and memory because sufficient accuracy is obtained even with a low angle
resolution of 0.1° in the forward peak region of phase function. In direct truncation, the result
was not sensitive 1o the choice of a truncation angle between 5° and 20°.

delta-Eddington approximation{ Joseph et al., 1976)

The cryosphere is known to play an important
role in the climate system of the earth (Manabe and
Wetherald, 1975; Yasunari ez. al., 1991). The model-
irg of spectral snow albedo has been intensively and
widely investigated (Warren. 1982). Most models
belong to the category of two-stream approximation.
This method's weakest point is that error increases
at low solar elevations. The snow albedo model by
Wiscombe and Warren (1980), which incorporates the

©1997 by the Meteorclogical Research Institute
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with the Mie theory, was the most accurate model
for snow albedo (Warren, 1982} at that time. The
maximum error in flux reflectance with this model
could, however, amount to 0.1 at a solar zenith angle
of 84.3° {Joseph et al.. 1978)  Solar elevation is
generally low in high-latitude regions involving alarge
area of the crvesphere. A more accurate model 1n
such low solar elevation is required to advance stud-
les in climate or remote sensing.

For snow partucle size of the order of 10°—1¢°
¢ m, the Mie phase function of light scattering is
highly asymmetric, having a very sharp peak in the
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forward direction {Fig. 1). In such cases, calculation
of the radiative transfer by ordinary scattering theo-
ry fails due to the very sharp forward peak of the
asymmetric phase function. Many procedures have
been proposed te overcome this difficulty (Hansen.
1969z Potter, 1970; Hansen, 1971k: Wiscombe, 1977;
Nakajima and Tanaka, 1388). Practically these meth-
ods have been developed for the application ic radia-
tive transfer in the cloud layer. Snow particles size
is, however, one to two orders larger than that of
cloud particles, so the applicability of existing meth-
ods to snow particles reguires careful examination.
In the present paper, we study the adequacy of cur-
rent methods in caleulating the spectral albedo (flux
reflectance) of the snow (snowpack) surface. Calcu-
lations were made for the albedo of snow surfaces
Thus,
“snow albedo” here means the ratio of emergent
radiation flux from the snow surface to direct solar
flux.

illuminated only by direct solar radiation.

Aokl T.. T Aokiand M. Fukabon

Vol 47. No. 374

2. Radiative Transfer Model

In the present model, radiative transfer in snow
15 treated the same as in the multiple scattering
model in the atmosphere containing aerosol or cloud
particles. Snow grains are assumed to be mutually
independent spherical ice particles, 1.e., each particle
15 placed in the far field of others. In reality, natu-
ral snow grains are not isolated. According to Wis-
combe and Warren (1980), 2 model thet neglects near-
field effects of close packing and the nonsphericity
of snow particles can be used to predict the spectral
albedo of snow operaticnally at visible and near
nfrared wavelengths.

For size distribution, we use the standard size
distribution given by Hansen (1971b) as

-5 —r

Aac
€,

= constantr °

nir)

c
e
©
-
=
—
D
42]
o
L
o
O 30 60 90 120 150 180
Scattering angle (deg)
Fig. 1 Phase functions for snow particles with effective radii of r,,, = 30, 200 and 10004 m

with v .= 0123 at wavelengths A =10.5. 1.5 and 2.53# m. Curves are successively dis-
placed upward by a facior of 107 excep: for 2 =0.52m.
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where r is the radius of snow grain particle. I can
easily be shown that, for the size distribution (1) the
effective raius res 1s given by a and the effective
variance v.s by b. The complex refractive index of
ice compiled by Warren(1984) is used to calculate
parameters for single scattering in the Mie theory.
To calculate multiple scattering, the doubling method
(e.g.. Hansen, 1969b; Hansen, 1971a: Hansen and
Travis, 1974) is used omitting polarization. Numeri-

Approximations of phase function in calculating snow albedo
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cal integration over the scatiering angle 1o calculate
the radiant flux densitv is conducted using a Gauss-
ian quadrature of 16 points (32 streams) in the zenith
angle and 513 points in the azimuth angle from zero
to 180° for the expansion of Fourier series. We calcu-
lated spectral snow albedos without atmosphere for
three values of effective radil of r.» = 50, 200 and
1000 # m with effective variance v., = 0.125 at wave-
lengths every 0.025# m from (.3 10 3.0 m. Accord-

1.0 ‘_ T 1 '_i T 1 1 1 | T 1 1 T | T 1T 1 7 | T 1T T
I 8-Eddington ]
08 | -
_§ - [ 4=50um 6, =63.1 ]
&3 [ i
§§ 06 r,,=200um 5
O35 r i
o2 04l ]
2.t r,,=1000um :
cQ S © -
R - ]
T 0.2 |- 7
r (a) j
O'O TS D I R U W B N S b
0.0 0.5 1.0 1.5 2.0 2.5 3.0
Wavelength {um)
1.0
0.8 |-

c i )
=2 i |
os i ]
88 06 [ 3
m -
25 i ]
38 04 r,-t000um .
58 I :

S 02 L 5-Eddington S

C (b) »=1.0um ]
00 L | | ] | ] l I l i
4] 10 20 30 40 50 60 70 80 90

Solar zenith angle (deg)

Fig. 2 5now aibedos for direct solar radiasion calculated by the DE approximation
as functions of (a) wavelength at sclar zenith angle #.= 63.1° and (b} the

solar zenith angle at wavelength 4 =

18

1.0pm.
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ing to Wiscombe and Warren (1980). these three
values correspond to new snow, fine grained older
snow and old snow for the melting point. The snow
layer is homogeneous and plane-parallel. Its optical
depth is 3200 at wavelength A = 0.5¢ m for all grain
sizes and is large enough (semi-infinite) for the snow
surface albedo to converge at a constant value. Radia-
tive transfer is difficult to calculate directly for
highly asymmetric phase functions such as cloud
particles. To avoid this difficulty. Hansen (1969a)
and Potter (1979), for example. used direct trunca-
tion (TR) approximation of a forward peak of phase
function. Hansen (1971b) alsc adopted rencrmaliza-
tion (H-RN) approximation that replaced the phase
function with a modified form, keeping energy con-
stant. Grant's renormalization (G-RN) approxima-
tion (Wiscombe, 1976), for another example, corrects
only azimuthally integrated phase functions, includ-
ing forward and backscattered directions. Wiscombe
(1977) proposed automatic truncationapproximation,
the delta-M (DM} method, that does not require a
precise truncatiion angle value. In our present studyv,
we calculate spectral snow albedos by the doubling
methods incorporating the H-RN, G-REN, DM and
TR appoximations, and examine their effectiveness
in computation accuracy and efficiency.

Since snow particle size is one to two order larger
than that of cloud particles, its phase function has a
much stronger forward peak than clond particles
(Fig. 1). This requires a very fine scattering angle
mesh for calculating multiple scattering by ordinary
method of radiative transfer. which consumes enor-
mous computation time. Even with such high mesh
points as used in our model, accuracy is not sufficient
in radiative transfer calculation for snow albedo by
the doubling method without approximation of phase
function. In practice, then. snow albedo cannot be
solved precisely. We thus use, as a reference, the
delta-Eddington (DE) approximation (Joseph et al.,
1976). which is a kind of two-stream appreximation
with the lowest order of approximation in the DM
method. This is advantageous in handling anisotrop-
ic single scattering parameters. Unfortunately, this
method includes systematic error-due to two-stream
approximation model properties. Joseph et al. (1976)
studied the albedo error of the DE approximation by
comparing it with the doubling method using the
Henyev-Greenstain phase function for some single
scattering parameters. Albedo calculated by the DE
approximation was found to be accurate for small
solar zenith angles, but was underestimated, with a
maximum error of 0.1, at the solar zenith angle of
84.3°. This error occurs for an optical depth of 10,
a single scattering albedo of 0.8-0.99 and an asym-
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metry factor of 0.8-0.95. Values for single scattering
albedo and asymmetry factor correspond to wave
lengths where differences 1n snow albedo between the
DE approximation and the doubling method with the
Mie phase function are large, as will be shown in the
following sections. The DE approximation uses the
asvmmetry factor and single scattering albedo. not
the phase function itself. Provided that these two
parameters are exact, the calculated result deoes not
include error caused by the phase function shape.
Naturally, due to the use of two-stream approxima-
tion. the accuracy of DE approximation detericrates
at large solar zenith angles. Thus, by calculating
these two parameters using the Mie theory, we will
be able to obtain accurate albedo values by the DE
approximation, except for large solar zenith angles.

The DE approximation has been used by Wiscom-
be and Warren {1980) to calculate spectral snow
albedo using the Mie parameters. The spectral snow
albedo calculated with this model agreed well with
that observed under cloudy conditions (Grenfell and
Warren, 1694},

Snow zlbedos calculated in this studv with the
DE approximation (Figs. 2a-0). enable us to deter-
raine the characteristics of dependence of snow albedo
on wavelength and solar zenith angle. We will there-
fore use the DE approximation not as the exact mode!
but just as a reference 10 investigate the appropriate-
ness of the H-RN. G-BN, DM and TR approximations.

3. The H-RN Approximation

Hansen (1971%) proposed renormalizationapproxi-
mation in calculationg radiative transfer through
cloud particles with the doubling method to avold
error due to highly asymmetric phase function. The
phase function is first integrated in each solid angle
of the reflection and transmission hemispheres for
incident light with the same grids in azimuth and
zenith angles as those of multiple scattering calcula-
tion, and is iterativelv corrected so as to become the
Here, the reflection
hemisphere is defined by the upward hemisphere and
transmission hemisphere by the downward hemi-

sum of both integrals unity.

sphere. With large particles, the forward peak 18 SC
sharp that error occurs in the transmissionhemisphere
but is negligible in the reflection hemisphere. The
phase function therefore needs to be corrected only
for the transmission hemisphere. The fractions of
scattered radiation in the reflection and transmission

hemispheres are given by

1 2 .
r=—2:‘fa p.(@)da, (2)



1997 Approximations of phase functicn in calculating snow albedo 145

1 2x
t =—
2x vy

P.(0)dq, (3}
where P.(® ) and P.(®) are the phase functions in
the reflection and transmission hemispheres, © 1s the
scattering angle, and Q is the solid angle. The phase
function P(® )= P.(®)+P.(®) is normalized to sa
tisfy the following equation

1 ¢
I { = {
in fo P(@e)dn 1. (4)

The corrected phase function at the m-th step of the
lteration is given by

"Ple) = "Rl8)f., (

wn
—

with correction factor f. = (1 —r} . ¢t. Corrected
phase function "F( @) is successively substututed
into Eq.(3) until | 1—r—z | becomes small encugh
(Appendix B, Hansen (1971b)).

The difference in snow albedo between the DE
approximation and the doubling + H-RN apprexi-
maticn is shown in Fig. 3 as a function of wavelength.
Comparison with Fig. 2a shows that the difference
in snow albede (Fig.3) is small in wavelength regions
where snow albedo is close to 1.0 or zero, light absorp-
tion by single paricles 1s so weak or so strong that
snow albedo converges at 1.0 or zero, being almost
indspendent of the tvpes of model. This makes the
difference in snow albedo small. In other wavelength
regions, the difference in snow albedo generally in-
creases with the solar zenith angle. This may come
from the fact that the DE approximation underesti-
mates albedo, as noted in Section 2. Agreement be-
comes still worse, however, even at small solar zenith
angles. The maximum difference in snow albedo ex-
ceeds 0.1 for rey = 10002 m at #, = 5.9°. This dif-
ference is considered to be the real error in the H-RN
approximation since the DE approximaticn is accu-
rate at small solar zenith angles. To obtain thereason
for such a large discrepancy, we examined the initial
values of r and t given by Egs.(2) and (3). The vaiues

of ¢ were of the order of 107 —=19" for r. = 50 ¢ m,A

10°-10° for r.y = 2004 m and 10' —10* for r.p =
1000 # m. The values of r for these three grain sizes
were all reasonable, less than 1.0. These mean that
correction factor f. ranges from 10° to 107* and that
the resulting total phase function will have a large
discontinuity at the boundary between upward and
downward hemispheres for most cases. This will
cause error in calculating multiple scattering. In a
few cases, f. closes to 1.0 for 7.y = 50xm and 4 >1.0
um at #.=89.7". In these cases, absolute values
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of the difference in snow albedo exceed 0.2 at some
wavelenghts, suggesting that snow albedo is farlarger
than that with the DE approximation in a case of
sunlight grazing the snow surface.

4. The G-RN Approximation

In the Grant's renormalization approximation,
described by Wiscombe (1976), correction is made
only for azimuthally integrated phase functions, in-
cluding forward and backscattered directions. so as
to conserve the sum of fractions of scattered radia-
tion in reflection and transmission hemispheres. Since
the sharp forward peak of phase function causes error
in calculating snow albedo, we corrected only the
phase function element including the forwared peak.
No discontinuity exists at the boundary between up-
ward and downward hemispheres in the G-RNapproxi-
mation. The problem caused by such a discontinuity
in the H-EN approximation thus does not arise here.
The G-RN approximation is the simplest of the four
approximations studied. Details of numerical calcu-
lation of the G-BN approximation are given in Sec-
tion 6 of Wiscombe (1976,

Large differences in snow albedo from the DE
approximation at small solar zenith angles in the H-
RN approximation (Fig. 3) are not found in the G-
EN approximation (Fig. 4). In the DE approxima-
tion, the calculated albedo is known to be accurate
at small solar zenith angles but underestimated at
large solar zenith angles { Section 2}. According to
Joseph et al. (1976), the albedo error in the DE ap-
proximation at 8. = 84.3° was estimated as about
0.1 when compared with the doubling method using
the Henvev-Greenstain phase function. The single
scattering albedo and asymmetry factor for which
the DE approximation makes such this error appear
at wavelength where snow albedo differences (Fig. 4)
are large. In our calculation, maximum differences
at #. = 86.2° in snow albedo between the DE ap-
proximation about and the doubling + G-RN approxi-
mation are about 0.1 for r., = 50 # m and 0.08-0.09
for r.s=200 and 1000 « m (third curves from the bot-
tom In each graph in Fig.4), These results show that
the G-RN approximation 1s more suitable than the
H-EN approximation for such large particles as snow.

-

5. The DM Approximation

In the delta-M methed proposed by Wiscombe
{1977}, the phase function is approximated by a sum
of the delta function for the forward peak and low
order polynomials for the remainder. In general
phase function Pleos® ) is approximated by
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P lcos®) =2f8 (1-cos®)

241
+{1—F) 5 (2n+1) x 7 F.cos® ), (8)

n=40
where f 1s the truncation fraction in phase function,
is a delta function, @ 1s the scattering angle and
P.(cos®) is the Legendre polynomial of n-th degree.
Coefficients ¥ ¥ and truncation fraction f are given
oy

n

o)

PV K-”‘_f

X0 =7 (1)
where n =0,...... 2M—1 and

f = Ao, (8}

where M is the order of approximaticn and we use
M =16 as egual to the Gaussian quadrature points
in zenith angle adopted in our calculation of multiple
scattering. In Eq.(T), ¥. s the moment of the ex-
pansion of P(cos® ) by Legendre polynomial P
(cos®):

1 =
x. = = | Pleos®)P.lcos®)sin®d®. (9)
2

Scaled optical depth dr *, and scaled single scattering
albedo w*, used in radiative transfer calculationusing
the truncated phase function. are given by

dr* = (l—fwldr, (10;
and
. U-fw
o= (11)

where dr 1s an optical depth of snow and w is single
scattering albedo.

In calculating snow albedo with the doubling
method using the truncated phase function by the
DM approximation, we applied the H-EN precedure
to correct for possible error and check energy conser-
vation is computation, although Wiscombe (1977
noted this is not necessary. The same correction was
applied to phase functions of both the reflection and
transmission hemispheres, because thetruncated phase
function no longer has a forward peak. The amount
of correction is represented by the so-called correction
factor defined by fe= 1./ {r + ¢}, which is a good in-
dicator for energv conservation. Correction factor
values are very close to 1.0 and 1—/. was of the order
of 107 —10"" for all cases.

Aoki, T.. T. Acki and M. Fukabori
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The difference in snow albedo between the DE
approximation and the doubling + DM approxima-
tion (Fig. 5) shows that, for r.s = 50 and 200« m,
differences at small sclar zenith angles are considera-
bly smaller than those of the H-RN approximation
{Fig. 3} and are close to those of the G-RN approxima-
tion (Fig. 4). For r.; = 200 # m. snow albedos of the
DE approximation are, however, slightly smaller
than those of the doubling + DM approximation at
any solar zenith angle around A = 0.3 and 0.8—0.9
#m. For roy = 1000 2 m, snow albedos of the DE
approximation are smaller than those of the doubling
+ DM approximation for A <l.4gm. Since the DE
approximation is accurate at smallsolarzenithangles.
these results seem due to defects in the DM approxi-
mation. At least, these snow albedo differences
should be small at visible wavelengths because light
absorption by single particle is so weak that calculat-
ed snow albedos converge at 1.0, independent of the
types of model, as mentioned in Section .

In the above calculations, we used a look-up table
of phase function (Mie table) with a scattering angle
resclution A® =0.1° for 0<® 2" and 178 O <
180°, AR =0.2" for 2<®<5" and 175< @ <178°,
A®=0.5" for 5< ®<10° and 170<®<175°, and
AG=1° for 10< ® <170°. These angle resclutions
are generally sufficient for cloud or aerosol particles.
Truncaticon fraction f calculated by Eq. (8) {Fig. 6a)
should, because forward peak value of phase function
increases with grain size, also increase with grain size,
whereas f for ry = 2002 m (Fig. 6a) is lower than
that for r.y = 50 ¢ m in region A <1.0um. Forr.p=
1000 m, f is alsc lower than for both 7. = 200 and
504 m at some wavelengths. If f is underestimated,
dr* and w* are overetimated. Since dr is large
enough, the overestimation of dr * has no effect on
snow albedo. Overestimating o'
crease snow albedo (Fig. §).

will, however, in-

As the reason of the underestimate of f it issup-
posed that the numerical integration in Eq.{9) was
not performed accurately due to the lack of angle
resolution in the forward peak of phase function. To
check this supposition, we recalculated the snow albe-
do with a Mie table of ten times higher angle resolu-
tion of phase function in the forward region 0< ® <
10°. The truncation fractions calculated with the
Mie table of high angle resclution are shown in Fig.
6h. The value of f incrzases with grain size except
for rep = 10002 m and 4 <0.62m. Although wealso
calculated f with a higher truncation order of A3»186,
the improvement was negligible. This shows that.
for roe= 10002 m and i <0.6« m.the angle resolu-
tion in the forward peak of phase function is still in-
sufficient and causes f to be underestimated.
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The difference in snow albedo betwsen the doubl-
ing + DM approximation for these phase functions
and the DE approximation {(Fig. 7) indicates that,
for roy = 50 £ m, results with the Mie table of high
angle resolution are almost the same as those with
low resolution {Fig. 5). For r.; = 200« m, the inap-
propriate albedo behavior found in the Mie table of
low angle resolution around A = 0.3 and 08—0.9
# m has improved. The improvement can actually
be seen in the wide wavelength region A <1.2x m.
For 7. = 1000 # m, an improvement is seen at all
wavelengths, but the defect still remains in the region
A <04z m. This wavelength region does not agree
with that of underestimated f ( A <0.6xm) for r.,=
1000 # m because snow albedo is close to 1.0 due to
the large single scattering albedo in the region 0.4<
A<0.6um. For some wavelengths in A >15p¢m
and res = 1000 # m, the difference in snow albedo be-
tween two methods is small (Fig. 7), because snow
albedo 15 close to zero due to low single scattering
albedo. So far, we have found that the value of ffor
rer; = 1000 2 m 15 lower than that for ro- = 200 4 m
in the regions A <0.6 4 m and snow albedo by the
doubling + DM approximation is higher than that
of the DE approximation in the regions 4 <<0.4 ¢ m.
Together, these facts indicate that it 1s still necessary
1o increase the angle resolution above 0.01° in the
forward peak region. This requires much more com-
putation time for the Mie calculation and large
memory for storing the Mie table, which 15 not
practical in our computer system. We looked for
ancther wav to calculate snow albedo accurately with
the Mie table of low angle resclution.

6. The TR Approximation

The last method we studied is truncation method
proposed by Hansen (1969a) and Potter (1970). The
truncated phase functicn is obtained by making the
slope of the logarithm of the phase function constant
for ® < #.and equa! to that of the untruncated phase
function at #.. Here, #.1s the truncation angle and
the problem is how to determine the value of 8.. A
smaller truncation angle keeps the phase function
shape closer to the original one, particularly for low
solar elevations, where the effect of single scattering
becomes dominant. If it is too small, however, an
error i numerical integration occurs due to the for
ward peak remainder of phase funcrion. We must
thus seek a suitable trade-off point between two
effects. We studied the effects of truncation angles
g.=25.50.75, 10. 15, 20 and 30° for snow albedo
(Fig. 8). Results show that snow albedos for all

truncation angles except for #. = 2.5° agree other

Aokl T.. T. Acks and M. Fukaberi

27

Vel 47, No. 374

at A =05 and 1.5#m. However, at A =1.0gm,
snow albedos for 8. = 2.5 and 30° differ from those
for other truncation angles. In the region A >1.5
# m, results similar to A = 1.5# m were obtained.
We also checked ry = 502 m and 200 # m, but observed
no remarkable difference from r.y = 1000 #m. Thus,
calculated snow albedos are not so sensitive to the
truncation angle choice in the region 5< & <20° . Below
we used 7.5° for 8..

We applied the H-RN approximation to the
truncated phase function as for the DM approxima-
tion to avoid error and check energy conservation in
integral as before. Theinitial values of r+ ¢ initera-
tion of the H-RN approximation were close to 1.0 for
all grain sizes studied, and the deviations of thecorrec-
tion factor from 1.0, 1 — 7., were of the order less
than 107!, where the correction factor is the same
definition as for the DM approximation.

In the TR appreximation, scaled parameters are
given by Egs.{10} and {11} as before. Truncation
fraction fwas calculated from integration of truncat-
ed phase function. Numerical integration, in this
case, is easv because there is no sharp forward peak
in phase function. The values of f increases with
grain size at all wavelength {Fig. 6¢), The difference
in snow albedo between the DE approximation and
the doubling + TR approximation 15 shown in Fig. 9
as & function of wavelength, The differences in snow
albedo between the two methods are almost the same
as for the doubling + DM approximation with the
Mie table of high angle resolution for all three gramn
sizes {Fig. 7) except for A <04 um and r.. = 1000
pm, For A<04pxm and r..-= 1000 # m, the defect
found in the DM approximation with the Mie table
of high angle resoluticn has improved. These results
show that the TR approximation is more appropriate
than the DM method for large particles.

When we compare albedos of the TR approxima-
tion with the G-RN approximation, they agree with
within 0.02 in all cases except for #.=89.7° inr.x
50gm. For #.=89.7° and r.,= 50xm, thedifference
in snow albedo between the doubling + TR approxi-
mation and the DE approximation is larger than that
for the G-RN approximation. This means that snow
albedo of the TR approximation is smaller than for
the G-RN approximation. This reason 15 considered
as followings; the TR approximaticn treats scatterd
light near the forward peak as direct light only in the

forward direction. In the case of sunlight grazing the
snow surface, the single scatiered component, origi-
nallv upward, 1s alsc cairulated as the downward
component. This 1s especially notable with small
particles which have arelatively weaker forward peak
of phase function than large particles. The TR

&D-
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proximation may still underestimate snow albede in
the case of sunlight grazing the snow surface as sug-
gested in Section 3. Since this is an extreme case
practically impossible to verify experimentally, we
do not take the result of calculation seriously. The
maximum differences in snow albedo between the
DE approximation and the doubling — TR approxi-
mation at f¢= 86.2° are about 0.1 {third curves
frem the bottom in each graph in Fig. 9) for all thrse
grain sizes. This is clese to both results by Joseph
et ¢l (1976} and the G-RN approximation in this
paper.

Thus far, we have fourd no clear difference in
accuracy and efficiency between the G-EN and TR
approximations. At this stage, it can be safety to
be concluded that both approximaticns are more ap-
propriate for snow albedo calculation than the H-
EN and DM approximations.

7.

Summary

Four types of approximations of phase function
— the H-RN, G-RN, DM and TR methods — have
been investigated in multiple scattering calculation
for srnow particles of r.,, = 50, 200 and 1000 # m, by
comparing with the DE approximation. In the H-
RN approximation with the doubling method, the
maximum deviation from the DE approximation for
res = 1000 ¢ m at small solar zenith angles exceeded
0.1. This is considered the real error in the H-RN
approximation, because the DE approximation 1s ex-
pected to be more accurate for small sclar zenith
angles. To learn why such a large discrepancy occured,
we studied correction factor f. for phase function.
The values of f. ranged from 10° to 107*. Such small
values occur because the sharp forward peak of phase
function cannot be accurately numerically integrated
in the model. In the G-RN approximation, a rea-
sonable resuli was obtained for almost all conditions
of res, A and 8o This is the simplest of the four
approximations. The DM approximation seems to
work well for r.y = 580um. For r.p = 1000z m, how-
ever, snow albedo of the DM approximation is always
larger than that of the DE approximation for any
solar zenith angle in the region A <1.4zm. This seems
to indicate that the DM approximation is not suitable
for grain size as large as r.p= 10002 m. Snow albedos
and truncation fractions calculated using twe Mie
tables with angle resolutions of A® =0.1 and 0.01° in
the forward peak region 0< © <2° revealed that, for
r.y =10002 m, an angle resolution higher than 0.01° is
still needed in the region i <0.6 2 m. With the TR
approximation, reasonable results were obtained for
truncation fraction f and snow albedo for any grain

Approximations of phase function in caiculating snow albedo
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size or wavelength. This result is not sensitive to the
truncation angle in the wide range of 5L ®©<20° for
ail grain sizes.

We thus conclude that both the G-RN and TR
approximations are applicable for radiative transfer
caleulation through the snow layer of large grain
radii with the Mie tale of 0.1° angle resclution in the
forward peak region. However, in the case of sunlight
grazing the snow surface, the TH approximation may
still underestimate the albedo due to the lack of a
sharp forward peak in phase function.
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Chapter 2

Numerical simulation of the atmospheric effects on snow albedo
with a multiple scattering radiative transfer model
for the atmosphere-snow system
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Abstract

The atmospheric effects on the spectral and spectrally integrated snow albedos at the snow surface
and top of the atmosphere {TOA) are investigated. A multiple scattering radiative transfer model based
on the “doubling and adding” method, combined with the Mie theary is applied to estimate the effects of
absorption and scattering by atmospheric meolecules, absorptive gases, aerosols and clouds.

It is shown that the spectral surface albedo is reduced by the atmospheric absorptive gases at large solar
zenith angles. The solar zenith angle dependence is weakened in the wavelength region shorter than 0.3 pm
bwv the Rayleigh scattering, and at almost alt wavelengths by the atmospheric aerosols and cloud cover.
H,0 rich atmosphere decreases the spectral surface albedo at large solar zenith angles in the H.O bands,
while the additional reduction of downward solar flux in the near infrared region by H:O absorption causes
the spectrally integrated surface albedo to increase by several percent. Aerosols increase the spectrally
integrated surface albedo at small solar zenith angles and reduce it at large solar zenith angles, however
thev reduce the spectrally integrated planetary albedo, except at large solar zenith angles. Optically-thick
cloud cover increases both the spectrally integrated surface and planetary albedos at any solar zenith angle.

In the visible region at small sclar zenith angles, the downward solar flux on the snow surface under
cloudy sky can exceed that for the clear case, and both further exceed the extraterrestrial solar flux,
resulting from the multiple reflection between snow surface and the atmosphere (cloud cover). The global
solar radiation on the snow surface under cloudy sky, however, never exceeds that for the clear case and
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that at TOA.

1. Introduction

The crvosphere plays an important role for the
earth energy budget because of its high reflectance,
and the large variation of its areal extent. The snow-
covered region of the earth’s surface, in particular,
has a large seasonal variation. Its albedo also varies
greatly from that of freshly fallen snow to that of
melting snow. Therefore, snow cover may constitute
a sensitive mechanism for influencing global climate
change. The melting of polar snow and ice by global
warming, and the resultant sea level nse are matters
currently causing much public anxiety {Warrick et
al., 1995). Recently, it is reported that the variation
of the snow-covered region in the Eurasian Conti-
nent has an influence or annual variation of the East
Asian climate (Yasunari ef al., 1991; Ose, 1996), and
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many Himalayan glaciers are retreating (Higuchi et
al., 1980: Yamada et el, 1992). An understanding
of the snow radiative process is important for two
general applications. The first is the calculation of
the radiation budget of snowpack and the planetary
radiation budget over snow-covered surfaces. This is
important both for hydrology — because radiation
is usually the dominant component in the surface
energy budget of snow — and for global climate
modeling. The second application is for planning
the remote sensing of snowpack properties. This re-
quires modeling of the optical properties at a high
spectral detail {Warren, 1982). The programs of
high spectral resolutional satellite sensors MODIS
(Moderate Resolution Imaging Spectroradiometer)
and GLI {Global Imager), both having 36 channels
in the ultraviolet, visible, near infrared and infrared
regions, will provide us the possibilities to estimate
snow parameters such as grain size, impurities and
layver structure from space. We, therefore, developed
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ap accurate and realistic spectral albedo model of
snow in the atmosphere-snow system.

Over the past four decades, a considerable num-
ber of studies have been made on the modeling of
snow surface albedo. The first attempt for calcu-
lating the spectral albedo of snow with a multiple
scattering radiative transfer in the visible and near
infrared regions was done by Dunkle and Bevans
{1956), who used the Schuster’s two-stream approxi-
mation. Giddings and LaChapelle (1961) calculated
snow albedo using a diffusion model. These two
models were actually equivalent and valid only for
diffuse incidence and high albedo (Warren, 1982).
They did not start from the single scattering by
each snow grain. In the 1970's, many multi-
ple scattering models for snow albedo considering
the single scattering by each snow grain have ap-
peared (Barkstrom, 1972; Bohren and Barkstrom,
1974; Barkstrom and Querfeld, 1975; Berger, 1979;
Choudhury and Chang, 1979a.b). Bergen (1970,
1971) calculated the transmittance of snow layer
with radiative transfer. However, these models were
not accurate enough for the wide range of wave-
length, grain size and solar zenith angle. Wiscombe
and Warren (1980a) and Warren and Wiscombe
{1980) simulated the spectral albedo of snow by the
delta-Eddington approximation for multiple scatter-
ing, and the Mie theory for single scattering based
on realistic physical parameters. They studied the
dependence of spectral albedo on solar zenith an-
gle, snow grain size, illuminating conditions and
snow impurities, and compared with observations.
They also discussed the effect of close packing and
nonsphericity of each snow grain. Choudhury and
Chang (198la,b) and Choudhury (1981) developed
a two-stream model considering the effects of the at-
mospheric gaseous absorption and surface reflection.

Various snow studies in the field of dynamics,
chemistry and optics were reviewed by Mellor (1977}
and detailed optical properties were reviewed by
Warren (1982). The latter made an excellent re-
view of snow albedo models and observations. Li
(1982) simulated the bi-directional reflection distri-
bution function {(BRDF) of snow with the Mie the-
ory and doubling method. This was the first model
for BRDF of snow. Chylek ef al. (1983) extended
the model of Wiscombe and Warren (1980a) and
calculated the albedo of soot-contaminated snow.
Carroll (1982) and Wendler and Kelly {1988} calcu-
lated the effects of snow surface striations and sas-
trugi on snow albedo. Blanchet and List (1987) ex-
amined the effect of anthropogenic aerosols in Arc-
tic haze and snow on the radiation budget, using
the atmospheric radiative transfer model with an
interactive snow layer based on the delta-Eddington
approximation. Warren et al. (1990) extended their
mode] for calculations of spectral albedo and emis-
sivity of CO, in Martian polar caps. Aoki (1992)
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developed a multiple scattering model based on the
Mie theory and “doubling and adding” method, ap-
plied to the Rayleigh atmosphere-snow system that
includes realistic clouds.  Aoki er al (1993)
simulated the surface albedo of two-layer snow with
the same model. Grenfell er al (1994) used a two-
layer snow model extended from the Wiscombe and
Warren (1980a) model and obtained a good agree-
ment of snow albedo with observation under cloudy
condition in Antarctica. However, some discrepan-
cies remained at near infrared wavelengths under the
clear sky. They quoted three possible reasons for
these discrepancies; underestimation of snow grain
size, inaccurate correction of the instrument, and a
fault-in the model. Aoki et al. (1998) found that
for new snow the optically effective grain size is the
order of branch size of dendrites, from the observed
spectral albedo at Barrow, Alaska and theoretically
calculated albedo with the model used in this study.

The Wiscombe and Warren (1980a) model has
been used operationally since the 1980’s {Chylek et
al., 1983; Marshall and Warren, 1986). Since this
model is based on the delta-Eddington approxima-
tion, it is not applicable for large solar zenith an-
gles and cannot be extended to the radiance model.
With regard to the atmospheric effects, Wiscombe
and Warren (1980b) calculated the spectral albedo
at the snow surface and TOA, and the spectrally
integrated planetary albedos (the latter was shown
in Warren (1982)) with the summer atmospheric
condition of the Antarctic Plateau. They reported
that the differences in albedo between the snow sur-
face.and TOA were due to the Rayleigh scattering
and gaseous absorption, and varied with the solar
zenith angle. Choudhury and Chang (1981a,b) and
Choudhury (1981) calculated the spectral albedo
taking account of atmospheric effects by parame-
terizing the effect of aerosols, cloud cover and at-
mospheric gases, but the radiative interaction be-
tween atmosphere and snow was not incorporated.
Blanchet and List {1987) calculated the effect of
aerosols on the radiation budget considering this in-
teraction and the atmospheric absorption, but they
also used the delta-Eddington approximation. |

It is necessary to investigate the atmospheric ef-
fects quantitatively with a more accurate multiple
scattering model in the atmosphere-snow coupled
system for the applications, such as remote sensing
of snowpack properties, and the studies of aerosol
and cloud radiative forcing over snow surface. It
is also important to estimate the variability of snow
albedo due to the atmospheric effects for experimen-
tal study of snow optical properties in which the ob-
served albedos are compared with those calculated
theoretically. The purpose of this study is to inves-
tigate the atmospheric effect on spectral and spec-
trally integrated snow albedos at the snow surface
and TOA for the realistic atmospheres containing




April 1999

absorptive gases, aerosols and cloud cover.

2. Radiative transfer model for the atmos-
phere-snow system

Basic behavior of the spectral surface albedo of
snow has been clarified by many studies mentioned
in the preceding section. The surface albedo of snow
is essentially determined by a multiple scattering by
snow grains, and the radiative interaction between
snowpack and atmosphere. The albedo depends not
only on the snow physical parameters but also on
the external parameters, such as atmospheric con-
ditions and solar zenith angle. The physical param-
eters can be placed in two groups: those related to
single scattering (snow grain size, morphology and
impurities}, and those related to multiple scatter-
ing (snow depth, layer structure, density, water con-
tents, surface condition and impurities). The exter-
nal parameters contain the atmospheric condition
(cloud cover, aerosols, air pressure and atmospheric
gases) and solar zenith angle. The atmospheric ef-
fects on snow albedo examined in this study belong
to the external parameters. The amounts of these
effects, however, vary with the physical parameters
such as snow grain size. It should be noticed that
the effects of external parameters on snow albedo
are related to the physical parameters.

In order to consider the radiative interaction be-
tween the atmosphere and snowpack (we will use
the term “snow” to refer to “snowpack” hereafter),
one spow layer is added below the atmospheric
lavers. The natural snow grains are nonspherical
and packed close together. Wiscombe and Warren
(1980) discussed these points and noted that a possi-
ble adjustment for near-field effects and nonspheric-
ity of snow grains, are judged to produce a few per-
cent reduction of albedo for all wavelengths. In
our model, snow grains are assumed to be mutu-
ally independent spherical ice particles, and radia-
tive transfer in snow is treated as in the mulii-
ple scattering model in the atmosphere containing
aerosols or cloud particles. Table 1 shows the pro-
cesses and parameters used in our radiative transfer
model for the atmosphere-snow system. We used
the Mie theory for single scattering and the “dou-
bling and adding” method for multiple scattering
without polarization. Accuracy of snow albedo at
large solar zenith angles is improved by using the
“doubling and adding” method compared with the
delta-Eddington approximation. Snow grain is so
large that the Mie phase function has a very sharp
forward peak. This induces a large error in direct
calculation of multiple scattering. Aoki et al. (1997)
examined four kinds of approximations for phase
function: Hansen’s renormalization (Hansen, 1971);
Grant’s renormalization (Wiscombe, 1976); delta-M
method (Wiscombe, 1977); and truncation method
(Hansen, 1969; Potter, 1970). Aoki et al. (1997)
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found that the operationally useful methods were
the Grant’s renormalization and truncation method
for the phase function of snow particles. In the lat-
ter method, the result is not sensitive to the choice
of the truncation angle between 5° and 20°. In this
study, thus, we use the truncation method for the
snow phase function with the truncation angle of
10° and the delta-M method for cloud and aerosol
phase functions.

The atmospheric transmittance of gaseous ab-
sorption is calculated for HoQ, COq, Oz and Os.
For the first three gases, we used the extended
exponential-sum fitting of transmissions (ESFT)
developed by Asano and Uchiyama (1987) with
the spectral absorption coefficients calculated with
the line-by-line algorithm developed by Uchiyama
{1992). In ESFT, the number of weight in a sum of
exponentials to calculate the transmission function
(N) in Eq. {1) of Asano and Uchiyama (1987)) is
10 for each gas. For the atmosphere, three kinds of
model atmospheres (Anderson et al., 1986) are used.
They are midlatitude winter (MW), subarctic winter
(SW), and SW that does not include the lower layer
less than 2 km. The last one is adopted to simulate
the atmosphere over the Antarctic Plateau and in
this study we call it as Antarctic summer (AS). The
atmospheric effects on the surface albedo of snow
are mainly examined for MW, because the column
amounts of air and absorptive gases are richest and
the largest atmospheric effects is expected. The pre-
cipitable water in MW, SW and AS is 0.86 g/cm?,
0.42 g/cm? and 0.19 g/cm?, respectively. The ef-
fects of aerosols and cloud cover are only examined
for SW, because we intend to simulate the Antarctic
summer coastal aerosols and high latitudinal middle
clouds, respectively.

The radiative transfer and albedo calculations are
made at 54 wavelengths (A} in the range from 0.3
to 3.0 pm with the spectral resolution (bandwidth)
of 0.05 pm. Although the wavelength region 0.3
3.0 pm covered in this model seems somewhat nar-
row for the calculation of the shortwave radiation
budget, it is sufficient for the study of the atmo-
spheric effects on snow albedo, because the snow sur-
face albedo at A > 3.0 um is almost zero and the so-
lar energy that reaches to the surface in A < 0.3 um
and A > 3.0 pum is negligible. In calculating the
spectrally integrated albedo and radiant flux, we
used the data of extraterrestrial solar radiation com-
piled by Thekaekara (1974). According to this data,
solar energy contained in the wavelength region of
the present study is about 96.6 % at TOA. In the
“doubling and adding” method, numerical integra-
tion over the scattering angle to calculate the ra-
diant flux is conducted using a Gaussian quadra-
ture of 16 points from 0° to 90° in zenith angle {32
streammns), shown in Table 1, and thus albedo is only
calculated for these 16 values of solar zenith angles
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Table 1. Processes or parameters in radiative transfer modei for the atmosphere-snow system.

Process or parameter

Method, value and references

Single scattering
Approximation for snow
phase function
Approximation for aercsol and
cloud phase functions
Multiple scattering
Polarization
Atmospheric gasecus absorption

Atmospheric absorptive gases
Model atmospheres

Atmospheric lavers
Wavelengths (})

Wavelength resolution (AX)
Extraterrestrial solar radiation
Zenith angle resolution

Solar zenith angles (8o)

Snow size distribution

Effective radius of snow grain
(ress)

Snow optical depth {7s)

Refractive index of ice

Aerosol type

Single scattering coalbedo at
A =05 pm
Size distribution of aerosols

Effective radius of aerosol
particles

Optical depth of aerosols (7<)

Refractive indices of SA and VA

Cloud size distribution

Cloud type

Effective radius of cloud droplets
Optical depth of cloud cover ()
Refractive index of water

Mie theory

Truncation method with the truncation angle of 10°
(Hansen, 1969; Potter, 1970}

Delta-M method (Wiscombe, 1977)

Doubling and adding method

No

Exponential-sum fitting of transmissions with ¥ = 10
(Asano and Uchiyama, 1987)

HQO, CO*_): O'_] and 03

Midlatitude Winter (MW), Subarctic Winter (SW) and
Antarctic Summer {AS = SW > 2 km),

{Anderson et al., 1986)

Plane parallel, 13 layers for MW and SW, 11 layers for AS
0.3-3.0 pm, 54 wavelengths

0.05 pm

Thekaekara (1974)

16 points from 0° to 90° (= 32 streams)

89.7°, B8.4°, 86.1°, 83.0°, 79.0°, 74.3°, 63.9°, 63.1°,

56.87, 50.1°, 43.2°, 36.0°, 28.6°, 21.1°, 13.5°, 5.9°
Gamma-type size distribution, vegs = 0.125 {Hansen,1971)
50, 200 and 1000 pm

Semi-infintte (= 3200 at A = 0.5 pm)

Warren (1984)

75 % sulfuric acid particles (SA) in troposphere and
volcanic ash (VA) in stratosphere

8.81 x 107% for SA and 4.80 x 107* for VA

Log-normal for both aerosol types, vess = 0.23 for SA and
Vepp = 015 for VA
0.1 ym for SA and 0.32 pm for VA

0.02 (SA). 0.1 (SA+VA) and 0.3 (SA+VA) at A= 0.5 um
AFGL (1983)

Deirmendjian’s cloud model {Deirmendjian, 1964),

vesy = 0.11

Spherical water droplet

5 pm

2.5, 5and 10 at A = 0.5 pm

Hale and Querry (1973} for A < 0.7 pm,

Palmer and Williams {1974) for 0.7 pm < A < 2.0 pm,
Downing and Williams {1975) for A > 2.0 um
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(). Since we use plane parallel layers of the atmo-
sphere and snow, the error in air mass calculation
increases for large fy. Kneizys et al. (1983) showed
that the deviation of secant {i.e., air mass of plane
parallel atmosphere) from the spherical and refrac-
tive atmosphere, is within 1 % for f < 72°, and this
error is kept up to 8 = 82° for H2O but only up to
8o = 60° for O3. The error is due mainly to the
effect of the earth’s curvature, and not atmospheric
refraction. As a result, we just discuss the results
for 8 < 79.0° in this study and show the results at
f; = 83.0° and 86.1° for reference.
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We calculate the spectral surface albedo (o) and
the spectrai planetary albedo {o”) of snow for three
values of effective grain radil, reys = 50, 200 and
1000 ym, following the gamma-type size distribution
with effective variance v,y = 0.125 as defined by
Hansen (1971). According to Wiscombe and Warren
(1980a), these three radl correspond to new snow,
fine-grained older snow and old snow for the melting
point. The snow layer is homogeneous with the op-
tical depth 7, = 3200 at A = 0.5 um for all r oy be-
ing large enough (semi-infinite) for the calculation of
surface albedo to converge at a constant value, For
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the complex refractive index of ice, the data com-
piled by Warren (1984) is used.

The effect of atmospheric aerosols is examined for
three values of optical depths, 7, = 0.02, 0.1 and
0.3, at A = 0.5 um in SW. The aerosol layer with
7. = 0.02 is the background level in the Antarctic
coast in summer {Shaw, 1982; JMA, 1995) consist-
ing of sulfuric acid (Shaw, 1982; Ito, 1983). The
background aerosols are distributed in the tropo-
sphere below the height of 3 km for any case of =,
and follow a log-normal size distribution with the ef-
fective radius of 0.1 um (mode radius of 0.057 pm).
The aeroscls with 7, = 0.1 and 0.3 consist of vol-
canic ash + background aeroscls mentioned above.
The volcanic ash aerosols are distributed in the
stratosphere above the height of 10 km and follow
a log-normal size distribution with the effective ra-
dius of .32 um (mode radius of 0.23 um) (Herber
et al., 1996).- High values of r, were observed in the
Antarctic coastal stations after major volcanic erup-
tions: 7, = 0.1 for EI Chichon in 1984 (Shiobara et
al., 1987): 7, > 0.3 for Cerro Hudson in 1991; and,
7o = 0.2-0.3 for Mt. Pinatubo in 1992 (Kaneto et al.,
1994; Herber et al., 1996). For complex refractive
indices of sulfuric acid and voicanic ash, the data
compiled by AFGL (1985) is used. In the study of
cloud effect, we assumed the high latitudinal mid-
dle clouds (Ac and As), because the middle clouds
are considered to have possible maximum effects on
snow surface albedos in the clouds with frequent ap-
pearance in the polar region. Since the annual mean
altostratus appears at 2-3 km height in the high lat-
itude (Liou, 1992), the cloud layer is fixed at this
height. The water vapor amount is assumed to be
saturated in the cloud layer. This increases the pre-
cipitable water of SW by 8.5 percent. The effects of
cloud cover are examined for three values of optical
depths of spherical water clouds, 7, = 2.5, 5, and
10, at A = 0.5 um based on the size distribution
of Deirmendjian cloud model {Deirmendjian, 1964)
with the effective radius 5 um. The solar disk can-
not be seen through the cloud cover for 7. > 5, when
the sua is at zenith direction.

3. Spectral surface albedo

Main characteristics that we notice about the
spectral surface albedo of snow under the clear sky
are: (1) the contrast between visible and near in-
frared wavelengths, (2) the snow grain size (refs)
dependence, and (3) the solar zenith angle (6,) de-
pendence, as shown in Fig. 1. In Fig. la the spectral
surface albedos are shown not only for the three rp sy
discussed in Section 2 but also for the other four val-
ues of ress, to see more details of the dependence of
surface albedo on snow grain size. It can be seen
that the surface albedo is high in the visible region,
and low in the near infrared region. This is due
mainly to the fact that the imaginary part of the
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Fig. 1. (a) Spectral surface albedo of
snow for various snow grain sizes r.ss,
fg = 63.1° under clear atmosphere of
MW. {b) Solar zenith angle dependence
of the monochromatic surface albedo of
snow under clear atmosphere (dashed
lines} and cloudy case (solid lines) of
MW at A = 1.0 pm for roy; = 50, 200
and 1000 gm.

refractive index of ice is low (less absorptive) in the
visible region, and high (much absorptive) in the
near infrared region. The surface albedo decreases
with the increase of rof;. This is significant espe-
cially in the near infrared region. The reason is that
the single scattering albedo of a large snow grain is
lower than that of a small grain, and its difference
is large in the near infrared region. The monochro-
matic surface albedo at large fy is higher than that
at small 8y for clear skv as shown in Fig. 1b. The
6y dependence of surface albedo for clear sky is re-
lated to the direct solar beam and asymmetric phase
function of the snow grain. Warren (1982) explained
as follows: A photon on average undergoes its firss
scattering event closer the surface if it entered the
snow at a grazing angie. If the scattering event
sends it in an upward direction, its chance of escap-
ing the snow without being absorbed is greater than
it would be if it were scattered from deeper in the
snow. This would be observed even if the ice par-
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ticles scattered light equally in all directions. But
the phenomenon is greatly enhanced by the extreme
asymmetry of scattering function, whereby scatter-
ing within a few degrees of the forward direction is
much more probable than scattering to other angles.

The snow surface is illuminated not only by the di-
rect solar radiation but also the diffuse one. The 6
dependence of surface albedo is also related to these
factors. In the case of no atmosphere the snow sur-
face is illuminated only by the direct beam, and the
albedo is higher for large 6o than that for small 6o.
However. it is modified by the diffuse component un-
der the atmosphere. In the clear sky for small f the
surface albedo is increased by the additional contri-
bution of diffuse components from larger zenith an-
gles, and vice versa for large 8p. In the overcast case
the direct solar beam is weakened or disappeared,
and snow surface is illuminated mainly by diffuse
radiation, and the surface albedo becomes constant
— being independent of #y as shown in the cloudy
case of Fig. 1b. In Fig. 1b the value of & at which
the cloudy sky albedo crosses the clear sky albedo
is about 48°. Warren (1982) estimated this value
as 50° from the albedo of snow surface illuminated
by pure diffuse radiation. In the following subsec-
tions, we examine the effects of Rayleigh scattering,
gaseous absorption, aerosols and cloud cover on the
spectral surface albedo of snow via the theoretical
calculations.

3.1 Effects of Rayleigh scattering and absorptive
gases

Figure 2a shows the transmission function of
gaseous absorption bands and Rayleigh scattering
calculated by ESFT for direct solar radiation at the
surface, where the values of 6 = 79.0° have been
used to clearly show the weak absorption bands.
The fractions of diffuse and direct components in
the downward solar flux vary depending on the
gaseous absorption and Rayleigh scattering. Fig-
ure 2b shows the fraction of the ditfuse component in
the downward solar flux. The reason that the frac-
tion of diffuse component is generally high at the
shorter wavelengths, is the dominance of Rayleigh
scattering. In addition to this. the diffuse compo-
nent increases significantly at large 8 in the strong
gaseous absorption bands.

In order to examine the clear atmospheric effects
on the spectral surface albedo of snow, calculations
have been made for the atmosphere of MW con-
taining Rayleigh scattering and absorption by H20,
CO», Oy and O3 (we will denote this albedo by aj,)
and for no atmosphere (a,). Figure 3 shows the
difference between aj, and o7, for three values of
Ters- The difference |af; — a7, | is large in the region
of strong Rayieigh scattering and strong gaseous ab-
sorption bands. In the region A < 0.5 pm, the ef-
fects of Rayleigh scattering and Oy absorption are
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Fig. 2. (a) Spectral transmission func-

tion of the atmospheric absorption, and
Rayleigh scattering at the surface for di-
rect solar radiation of §; = 79.0° and
clear atmosphere of MW. (b) Spectral
distribution of the fraction of diffuse
component in the downward solar flux
for clear atmosphere of MW on the snow
surface with r.ps = 200 um. They are
shown for fourteen solar zenith angles
from 5.9° to 86.1° shown in Table 1. The
values for 5.9° < f#p < 79.0° are indi-
cated by solid lines, and fy = 83.0° pm
and 86.1° by dashed lines.

dominant, where it is found af, < a3, at large &)
and aj, > aj, at small 8. In this wavelength re-
gion, the fraction of diffuse component in the down-
ward solar flux is large even at small 8y due to the
Rayleigh scattering. This makes the 8y dependence
of surface albedo faint (Fig. 4a). We also see large
values of |aj, — a5, for large reff in the same re-
gion. This is because the f) dependence of oy, Is
significant for large r.5¢.

Figure 3 also shows that there are large differ-
ence |af, — @,/ in the three wavelength regions of
strong gaseous absorption at large 8y. For example,
the difference jai, — @n,| increases significantly for
89 > 79 at A = 1.375 um (Fig. 4b). In the absorp-
tion bands the fraction of the diffuse component in
downward solar flux becomes larger at large §y (see



April 1999 T. Aoki, T. Ackt, M. Fukabori and A. Uchivama 601

002 r—rrrrrrrrrTrrrTerr
[ e,-59" (a) 1
0.00 . o .
0.02 -_ a,=66.1"
¥ f
¢ -0.04 -
-3 L
[-]
-0.06 |-
MW
" M =50 pm
-0.08 - Clear sky
-0.10 aa o oo oo b oated g
0.0 0.5 1.0 1.5 2.0
. Wavelength {um)
0.02 11—
r 8,=59"
0.00
-0.02
-UE
v -0.04
-7
=]
-0.06
-0.08 : i
I T P
-0.10 P WA BT ETEY N IS UU AT 6l B A ST I A AP
0.0 0.5 1.0 1.5 2.0 2.5 3.0
Wavelength (um)
0.02 ~—r+rrrrrrrrrTrTTTTTT T T
9 90.5_9' (C) 4
0.00 |- =
o .".-'" -
0.02 .
o I - H 1
® -0.04 I ! .
%2 . N
= 6,=861° lg
-0.06 b 4
Yoo 1
. - | I"ﬂ= um 'g B
0.08 Cloar sky ig ]
-0.10 .n-lnnnLtu-sgillg_--luuxulux.x

0.0 0.5 1.0 1.5 2.0 25 3.0
Wavelength (um)

Fig. 3. Difference between the spectral
surface albedo of snow for clear atmo-
sphere of MW containing Hz0, CO-,
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Fig. 2b) since the direct solar beam suffers strong ab-
sorptiont along the long path compared with diffuse
radiation. This reduces the value of aj, small. On
the contrary, at small 8, the diffuse fraction rather
becomes small and makes af, close to ay,. Thus,
the value of oj, is lower than that of o7, only at
large ¢y in the gaseous absorption bands.

Since the calculation of radiative transfer is time
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Fig. 4. Solar zenith angle dependence of the
monochromatic surface albedo of snow
with three values of r.s; for clear at-
mosphere of MW (solid line) and that
for no atmosphere (dashed line) at (a)
A =10.325 um and (b} A = 1.375 um.

consuming, it is worth noting the possibility to
omit the absorptive gases and Rayleigh scattering
in calculating the spectral surface albedo. Restrict-

.ing our discussion to the average transmittance for

AN = 0.05 pm, the absorption by the atmospheric
gases can be omitted for all 7.5 for the atmosphere
of MW for 9y < 63.1° within the error of 0.01. How-
ever, it should be remembered that this conclusion
could be changed for different value of AA, since av-
erage transmittance varies greatly with band width.

3.2 Effects of aerosols and cloud cover

The fractions of diffuse component in downward
solar flux are shown in Fig. 5a for the atmosphere
containing aerosols and Fig. 5b for cloudy sky. It can
be seen that aerosols and cloud cover increase the
diffuse component in downward solar flux by com-
paring these figures with Fig. 2, where the diffuse
component is shown for the clear sky of MW (basic
behavior is same for SW). These figures will help
to understand the behavior of the spectral surface
albedo with aerosols or clouds shown in the follow-
ing. Figure fa shows the monochromatic surface
albedos as a function of fy for the atmosphere con-
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Fig. 5. (a) Same as Fig. Zb, but for the
atmosphere of SW containing aerosols
with 7o = 0.3. (b) Same as Fig. 2b,
but for the cloudy atmosphere of SW
with three kinds of .. Curves are suc-
cessively displaced upward by 0.1 except
for =. = 2.5.

taining aerosols (aj, ., ), and for the aerosol free case
(af,)- The 6l dependence of aj,., becomes weak
with the increase of the optical depth of aerosols 7,.
The difference between aj,,, and aj, is larger for
large f than that for small 6;. Since the fy de-
pendence of each albedo varies with the wavelength,
the difference between aj,,, and ajg also depends
on the wavelength. Figure 6b shows aj,., — o,
as a function of wavelength at g = 5.9° and 79.0°.
The effect of background aerosols (7, = 0.02) on the
surface albedo is very small. However, the difference
|0 g+q ~ @ig| TiSEs up to 0.14in the absorption band
(A = 1.375 pm) for 7o = 0.3 and 6 = 79.0°. This
is because the aerosols increase the fraction of dif-
fuse component at large g in the absorption band as
shown in Fig. 5a. At small 6y the diffuse component
is rather reduced in the absorption bands compared
with the nom-absorbing region and results in very
small values of |aj ., — @3yl

Figure Ta shows the monochromatic surface albe-
dos of snow as a function of 8y for the cloudy atmo-
sphere {a3§,,..) and clear case {j,). The 8 depen-
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Fig. 6. (2) Monochromatic surface albedo
of snow with rep; = 200 pm as a func-
tion of 8y for the atmosphere of SW
containing aercsols (ajg.,) with three
kinds of 7. and aerosol free case {ajy)
at A = 1.0 um. (b) Difference between
cigra and oj, as a function of wave-
length at 6, = 5.9° (dashed line) and
79.0° (solid line).

dence of aj, . is completely lost for 7. = 10, where
snow surface is illuminated only by diffuse radiation
(see Fig. 5b). Figure 7b shows the spectral varia-
tion of afgy, — aj, at fp = 597 and 79.0°. The
value of |ef, .. — iyl is small around A = 0.5, 1.5,
2.0 and 2.8 pm, where aj, is close to unity or zero
{see Fig. la). When the value of aj, is close to
znity, the light absorption by ice is so weak that a
large part of the incident photons would escape from
the snow surface almost independent of the incident
angle. In the case of aj, close to zero, the light ab-
sorption by ice is so strong that a large part of the
incident photons would be absorbed in snow, almost
independent of incident angle. Thus. the 6, depen-
dence of surface albedo is small for clear sky in such
wavelength regions, and the value of |af .. - a3,
becomes small. Except for such wavelength regions,
it can be seen that the effect of cloud cover on spec-
tral surface albedo is quite large even for 7. = 2.5
at any value of fy. This is because the fraction of



April 1999 T. Aoki, T. Acki, M. Fukabori and A. Uchiyvama 603
08 ————T 0.01 Ty 0.3
L 4 F 8 =59" ]
i swW - %11 ] 0.00 | f;n { 0.2
08 f 'e=200um  ----- =S S : 8,<79.0" v ; )
o B »=1.0pm —— =25 ] ) i 3 ]
- F T Cowsry ] e oo T jo1 8
£ [ I [ «—g,=79.0'—» : >
07 F ] & 002 F e B Y 100 =
8 - —————— 1 ! 82830 ¥ % F o2
g [ e 1 % it i ] )
5 : iRt {1 ¥, 003 i ¥ q-01 %
2 06 F - ” 1 3 | re=200pm X ] o2
i (@ 1 0.04 [ Clearsky I 3 -02
L 4 o i——ag =86.1" ;
0.5" ) N | N . 1 1 .0.05 pa el gl b gl sl iay .03
0 30 60 50 00 065 16 15 20 25 30
- Solar zenith angle (deg) Wavelength (um)
e — _ _ _
[ Sx =10 Fig. 8 Difference in the spectral surface
- ‘ albedo of snow with r.;; = 200 pm un-
0.0 der the clear atmosphere between MW
{ (ayw) and AS (a%g). The values for
) - 5.9° < 8y < 79.0° are indicated by salid
g, 01 F lines on the left ordinate, and #y = 83.0°
Y- [ and 86.1° by dashed lines on the right
. N7 L ¥ ordinate.
- L Sw
0.2 L g=200um 4
L K (b) 1 At large 6o in the HO bands the fraction of dif-
08 by fuse component increases with HoO amount. As a
0.0 0.5 1.0 1.5 2.0 2.5 3.0  result the spectral surface albedo for HoO rich at-
Wavelength {um) mosphere (@j,y-) 1s lower than that for HoO poor
atmosphere (&% ) at large 6y only in the H2O ab-
Fig. 7. (a) Same as Fig. 6a, but for the P ( as) & ¥

cloudy atmosphere of SW (aj,..) with
three kinds of r; and clear case (aj,).
(b) Same as Fig. 6b, but for the cloudy
atmosphere (agq.. — aig).

diffuse component is large enough at any value of
fy in the cloudy condition due to the large optical
depth as shown in Fig. 5b.

3.3 Effect of difference in atmospheric type

We have seen the effects of clear atmosphere on
surface albedo for MW in subsection 3.1. The at-
mosphere, however, varies with place and time. In
this subsection we examine the dependence of sur-
face albedo on the atmospheric type. In three model
atmospheres — MW, SW and AS — the column
amounts of air and H, 0, are largest for MW, less
for SW and smallest for AS. For SW and MW, the
column amounts of gases, except Ha0, are almost
the same. Hence, the atmospheric effect is generally
largest for MW and smallest for AS. We calculated
the difference in spectral surface albedos between
MW (ajsy) and AS (%) to examine the maxi-
mum effect of difference in the atmospheric type on
the surface albedo.

Figure 8 shows the spectral variation of ajy —
o’ s- The value of o, is lower than that of o5 ¢ in
the gaseous (HoO) absorption bands due to the rea-
son shown in Subsection 3.1 for the case of of, - af
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sorption bands. The calculations were also done for
snow with reyy = 50 and 1000 um and these re-
sults showed that the effect of difference in the at-
mospheric type on the surface albedo is very small
at 6y < 63.1°, and ajsy agrees with aj ¢ within
0.01. For 84 > 63.1°, this effect gradually increases
with & only in the H»O absorption bands.

4. Spectral planetary albedo

4-1 Effect of the difference in atmospheric type

The effects of the gaseous absorption and Rayleigh
scattering are too large to be neglected for the
spectral planetary albede. Wiscombe and Warren
(1980b} calculated them over the snow surface in
the Antarctic Plateau using the atmospheric radia-
tive transfer model coupled with the snow albedo
model of Wiscombe and Warren (1980a). They
examined the atmospheric effects on the planetary
albedo for the atmospheres in January and Octo-
ber, and pointed out that the planetary albedo is
very slightly higher tkan the surface albedo only in
the region 0.35 < A € 0.43 um, due to the Rayleigh
scattering. The reduction of the planetary albedo
in the O3 and H,O absorption bands is more pro-
nounced for October (large 6y and long slant path)
than for January (midsummer).

We calculated the spectral planetary albedo (o)
over the snow for three kinds of model atmospheres
(Fig. 9). It is easy to understand the atmospheric -
effects on aﬁg by comparing these results with the
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Fig. 9. Spectral planetary albedo for the
atmosphere of MW, SW and AS at
fa 63.1° over the snow with (a)
Tefr = 50 pm, (b) reps = 200 pm and
(c) reyr = 1000 pm.

spectral surface albedo {aj,) shown in Fig. la.
The gaseous constituent that reduces the planetary
albedo in ultraviolet and visible regions is O3. The
degrees of these reductions are almost independent
of the model atmospheres because amounts of O3 are
roughly same in three model atmospheres studied
here. The value of of, around A = 0.4 um is slightly
higher than that of aj, due to the Rayleigh scat-
tering as noted by Wiscombe and Warren (1980b).
In the near infrared region, the differences be-
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for the atmosphere of SW containing
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and aerosol free case (af,) at o = 63.1°
over the snow with r.ps = 200 pum. (b)
Difference between af ., and of, as a
function of waveiength at fp = 5.9 (left
ordinate) and 79.0° (right ordinate).

tween model atmospheres become significant in the
H,O absorption bands, where the spectral plane-
tary albedo for MW (af,y;) is lower than that for
AS (afyc). The reduction of planetary albedo by
gaseous absorption is large for small ropp. This is
because the value of «j, for snow with small r.sf
is higher than those with larger rorf. As an ex-
ample, since the value of i, for refp = 1000 um
is originally close to zero at A > 1.5 pm as shown
in Fig. 1a, the apparent influence by gaseous ab-
sorption is very small. However, since the value of
g, for rep; = 50 um is in the range 0.05-0.4 for
1.5 < A < 2.6 pm, it can be reduced by a significant
amount due to gaseous absorption.

4.2 Effects of aerosols

The effect of aerosols on the planetary albedo
varies with the geometric condition such as #, and
the properties of aerosols such as absorptivity, par-
ticle size and vertical profile. In this study, we as-
sumed the sulfuric acid aerosocls in the troposphere
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were the background aerosocls and the volcanic ash
aerosols were in the stratosphere. Figure 10a shows
the spectral planetary albedo for the atmosphere
containing aerosols (] 4 +a), and the aerosol free case
{¢f,). There is no significant change in the plane-
tary albedo caused by the background aerosols, but
the volcanic ash reduces the planetary albedo in the
shorter wavelength region, and increases it in the
longer wavelength region. To see the details of the
effect of aerosols, the differences between o, , and
of, are calculated for §p = 5.9° and 79.0° (Fig. 10b).
The effect of aerosols is very small for 7, = (.02 at
both values of 85 = 5.9 and 79.0°. In the case of
7a 2 0.1, the value of of . is higher than that of
aﬁg in the longer wavelength region. In the region
A > 1.4 pum the single scattering albedo of volcanic
ash particle is higher than that of snow grain. This
is the reason for of, , > of, for A > 1.4 ym. In
the region A < 1.4 pm, if there is no absorption by
the atmospheric gases, it would be of ., < of, due
to the difference in single scattering albedo between
the volcanic ash and snow grain. Therefore, in the
wavelength region with weak absorption or without
absorption, the value of a‘;’g 14 15 lower than that
of af,. In the wavelength regions with gaseous ab-
sorption {including the weak absorption bands for
By = 79.0°, because the atmospheric absorption is
intensified along the long slant path), the plane-
tary albedo is reduced by the atmospheric absorp-
tion for the aerosol free case. Since the volcanic
ash distributes above most of the absorptive gases,
the direct solar beam is scattered upward by the
volcanic ash before suffering the atmospheric ab-
sorption. This is the reason of of,., > af, in
the wavelength regions with gaseous absorption of
A < 1.4 um. Thus, the spectral distribution of the
effect of aerosols on the planetary albedo varies ac-
cording to 6g.

4.8 Effect of cloud cover

Figure lla shows the spectral planetary albedo
for the cloudy atmosphere (o, ) and for the clear
case (aﬁg), where the cloud cover basically increases
the planetary albedo, especially in the near infrared
region. This is because a cloud droplet is smaller
than a snow grain, and the single scattering albedo
of a cloud droplet is higher than that of a snow
grain. Valovcin (1978) noted that reflectance in the
region 1.4 < A < 1.8 pm can be used in discriminat-
ing clouds from snow by aircraft observation. This
method uses the difference in albedo between cloud
cover and snow surface. An example of the 5 de-
pendence of the monochromatic planetary albedo for
the cloudy atmosphere is shown in Fig. 11b. The
cloud cover increases the planetary albedo through-
out the range of fp. However, it should be noted that
although it is not shown here, this situation could
be reversed in some cases. For example. the value of
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Fig. 11. (a) Same as Fig. 10z, but for the
cloudy atmosphere of SW (o, .} with
three kinds of 7. and clear case (af,).
(b) Monochromatic planetary albedo as
a function of &y for the cloudy atmo-
sphere and clear case at A = 1.0 um over
the snow with r.r; = 200 um.

o4 15 slightly lower than that of of for 8 = 5.9°,
05 < A < 08 um, 7. = 2.3 and repy = 200 pm.
This is because the multiple scattering by the cloud
droplets increases the effective path length of diffuse
radiation and thus increases the gaseous absorption.

5. Spectrally integrated surface and plane-
tary albedos

3.1 Effect of the difference in atmospheric type
The “surface albedo” observed with a pyra-
nometer is the spectrally integrated surface albedo
(@®}. Its 6y dependence has been investigated in
many observational studies {e.g., Carroll and Fitch,
1981; Yamanouchi, 1983) and theoretical studies
(Wiscombe and Warren. 1980a, Choudhury and
Chang, 1981a). The argument whether surface spec-
ular reflection should be considered for the study
of #y dependence of the spectral surface albedo has
been made between Warren and Wiscombe {1981)
and Choudhury (1981). This controversy arises from
the problem that the 8y dependence of observed
albedo did not agree with the result of theoretical
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calculation made on the assumption of spherical ice
particles for snow grains. Warren (1982) argued that
the reasons for the confusion are: (1) modeling er-
ror, (2) instrument error, (3) inadequate observa-
tion of snow grain size, impurity content, and sur-
face roughness — all of which should affect the slope
of surface albedo — and. (4) inadequate knowledge
of the spectral distribution of the incident radia-
tion. Yamanouchi (1983) compared the observation
at Mizuho Station in Antarctica with the theoreti-
cal model of Wiscombe and Warren (1980a) with-
out surface reflection, and found that the theoreti-
cal model can explain the measured snow albedo for
a renewed snow surface with fine-grained rounded
particles. However, the model cannot explain the
snow albedo when the surface grains become more
faced as mentioned by Choudhury (1981) or when
sintering of particles occurred and surface specular
reflection comes more proncunced. All of these ef-
fects have to be considered when observed surface
albedos are compared with the theoretical calcula-
tions. In the followings, we would like to take a
notice to another important factor, the atmospheric
effect, that affects on @° of snow:

Figure 12a shows @° of snow as a function of
for three model atmospheres. It has been shown in
Subsection 3.3 that the effect of difference in atmo-
spheric type on the spectral surface albedo is very
small (|aj,y — afsl < 0.01) for 6y < 63.1° and
oy 18 lower than of ¢ only in gaseous absorption
bands for 8; > 63.1°. However, the value of G°
varies depending on the model atmospheres and @°
for MW (@jsy ) is higher than that for AS (@)
at any @y. Namely, the cause of differences in &°
between model atmospheres is not attributed to the
differences in spectral surface albedo in the gaseous
absorption bands.

The spectrally integrated surface albedo @° is
given by

_fy @ (WFHN)aA
S FH M dA

-5

{1

where F*+()) is the downward solar flux at snow
surface, and a®(A} is the spectral surface albedo of
snow. The value of F*{)) varies depending on the
atmospheric condition, especially on HoO amount.
The Eq. (1) means that &° is the weighted mean of
o’ (A) with the weight of normalized downward flux.
Even if o*()) does not change with the atmospheric
condition, @® could change depending on the atmo-
sphere through F*(X). The major H,O bands are
located in the near infrared region. Hence, F*()) for
MW (HzO rich) is smaller than that for AS (H.O
poor) in the near infrared region, but both are al-
most the same in the visible region. On the other
hand, @®(A) is high in the visible region and low in
the near infrared region. Since the weight {F*()))
for low value of @*()\) in the near infrared region is
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Fig. 12. Spectrally integrated albedos as a
function of #; at (a) snow surface (&%)
and (b) TOA (@”) over the snow with
Ters = 50, 200 and 1000 pm for the clear
atmospheres of MW, SW and AS.

small for MW and large for AS, the value of a%,y
becomes higher than that of @ ;. The maximum
difference between @j,y, and &%, amounts to 0.015
for ro;; = 50 pm and 0.021 for r.;p = 1000 um
at 89 = 5.9°. Thus, several percent of spectrally
integrated surface albedo could vary with the H,O
amount, even for the same spectral surface albedo.

Figure 12b shows the spectrally integrated plane-
tary albedo (@®) as a function of ;. In this case, @
kas the same form as Eqg. (1) with replacing a*{))
by aP(A) and F+()) by the downward solar flux at
TOA. Since the downward solar flux at TOA does
not depend on the atmospheric condition, the be-
havior of o?(A) wouid be directly reflected on &®.
Contrary to the case of @*, the value of @%y;, is lower
than that of @% ;. This is because ofy, < offs
mainly in the H,O hands (see Fig. 9). The differ-
ence between @, and @, ¢ increases with 6. and
amounts to 0.043 for r.y; = 50 pm and 0.028 for
Terp = 1000 pm at 8y = 79.0°.

Although @° gradually increases with 8, @F
rapidly decreases at around #, = 75°. The former
reflects the property of 8y dependence of a®()). The
reascn of the latter phenomenon is that the absolute
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values of the downward solar flux on the snow sur-
face is reduced by the strong absorption of the direct
solar beam propagating along the long slant path at
large fg and the resultant upward solar flux at TOA
is also small. The value of @ is lower than that
of @° due to the atmospheric absorption, and the
difference between @° and @ becomes roughly 0.1-
0.3, although it depends on .y, 8y and the model
atmospheres.

5.2 Effect of aerosols

The 8y dependence of spectrally integrated sur-
face albedo for the atmosphere containing aerosols
{@lg+a) is shown in Fig. 13a. The effect of back-
ground aerosols 7, = 0.02 on @° is very small, and
the curve is overlapped on that for aerosol free at-
mosphere (a@j,). When the optical depth of aerosols
T, tncreases, the aeroscls weaken the 8 dependence
of &. This comes from the characteristic of &y
dependence of the monochromatic surface albedo,
shown in Fig. 6a. The curve of @j ,, crosses that
of Ei-ig at around &g = 53°. That 15, the aerosols
increase @° at small 6y, but reduce it at large fy.
Blanchet and List (1987) showed the reduction of
@° by 0.006 caused by their Arctic aerosol model
1 with =, = 0.081 for 63 ~70° on the snow with
the grain radius of 200 pm. The estimate of &° re-
duction by our aerosol model is 0.004 at 7, = 0.1,
By = 70° and refy = 200 pym. According to Warren
and Clark (1986) the aerosols, such as Arctic haze
contained in snowfall and snowpack (snow impuri-
ties), could reduce @* up to 0.0i-0.04 by absorbing
the solar radiation in snow in the Arctic region. If
the Antarctic snow is polluted by the absorpiive im-
purities, the atmospheric aerosols could enhance its
reduction of &° at 8y > 55°.

The atmospheric aerosols have the effect of re-
ducing the insolation to the surface by shading the
downward solar radiation. Figure 13b shows the
change in global solar radiation {F) by aerosols as
a function of #y. At small 8y the value of F is in-
creased slightly by aerosols due to the reason that
will be described in the next section. However, it
is reduced by aerosols except for small 6. This re-
duction is estimated by 3 % for 7, = 0.1, and 11 %
for 7, = 0.3 at fy = 70°. It is more significant than
this for #y > 70°. From the viewpoint of the surface
radiation budget in the shortwave region, this re-
duction in F (cooling the surface) compensates the
reduction of @ (heaticg the surface) by the aerosols
and snow impurities mentioned above. Particularly
in the case of volcanic ash aerosols, the effect of re-
duction in F exceeds that of & at §; > 55°.

Figure 13c shows the Ay dependence of spectrally
integrated planetary albedo for the atmosphere con-
taining aerosols (&, ,). where the curve of [P
with 7, = 0.02 overlaps with that for aerosol free
atmiosphere (Ezg). The effect of the background
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aerosols on ©” is very small in the Antarctic, but
this is due to small optical depth. In the cases of
7o = 0.1, the aerosois {mainly volcanic ash) reduce
@® except at large #p. This means that the effect
of volcanic ash in the Antarctic is positive (heating)
on the radiation budget in the shortwave region at
TOA except at large €. Blanchet and List (1987)
showed the reduction of @ by 0.021 caused by their
Arctic aerosol model 1 with 7, = 0.1 for 8y~ 70°
on the snow with the grain radius of 200 pm. In
our case the reduction of @P is estimated by 0.003
caused by the aerosols with 7, = 0.1 for 6, = T0°
and r.;; = 200 pm. However, the reduction of &
amounts to 0.012 for 7, = 0.3. These results sug-
gest that the thick volcapic ash aerosols over the
Antarctic could have the effect of a same order as
the Arctic haze at fg = 70° on the radiation budget
at TOA. On the other hand, volcanic ash increases
aP of snow at large 8. Thus, it should be noticed
that the radiative forcing of the Antarctic aerosols
may vary with fg.

3.3 Effect of cloud cover

It is the well known phenomencn that the value
of @ of snow under cloudy sky is higher than
that for the clear case (Liljequist. 1956; Grenfell
and Maykut, 1977; Wiscombe and Warren, 1980a;
Warren, 1982; Yamanouchi, 1983). To reproduce
such a situation theoretically, the spectrally inte-
grated surface albedos are calculated in the case
of a cloudy atmosphere (@3,,.) for r.5y = 50 and
200 pm, and the cases of cloudy atmosphere (@3, )
and clear atmosphere (&j,) for r.p; = 1000 um
(Fig. 14a). The value of @, . increases with 7, and
it becomes higher than @}, at any 8o for . > 5. This
cannot be understood intuitively from the 8y depen-
dence of the monochromatic surface albedo shown
in Fig. 7a. Liljequist (1956) explained this phe-
nomenon by the difference in spectral distribution
of downward solar flux between the clear case and
cloudy case. The details of this explanation could
be given using Eq. (1) in the following: Under the
cloudy atmosphere the downward solar flux F*{})
is much smaller than that for the clear case in the
near infrared region, whereas in the visible region
both F*(X) are not so much different or F*()\) un-
der the cloudy atmosphere is even larger than that
for the clear case at small 8g, as will be shown in the
next section. On the other hand, the spectral surface
albedo a®(\) is high in the visible region and low in
the near infrared region under both clear and cloudy
conditions. In Eq. (1) the spectrally integrated sur-
face albedos @° is the flux weighted mean of o®(\)
as mentioned in Subsection 5.1. Since the weight
(F+(\)) for low a*(A)} in the near infrared region is
large for the clear case and small for the cloudy case,
the value of @}, . becomes higher than that of &@j,.
In Fig. 14a it is also shown that the fy dependence of
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Fig. 1da, but for TOA in the cloudy case
(@,..) and clear case (@)

@j,.. becomes weaker with the increase of .. This
comes from the characteristic of 8y dependence of
the monochromatic surface albedo under the cloudy
atmosphere shown in Fig. Ta. The cloud cover also
has the effect to reduce the insolation to the surface
by shading the downward solar radiation, as will be
shown in the next section. Together with the effect
of increasing @° mentioned above, the cloud cover
has a cooling effect on the radiation budget in the
shortwave region at snow surface.

Figure 14b shows the spectrally integrated plan-
etary albedos for the cloudy atmosphere (‘a’ﬂg o)
where @f,, . is higher than that for the clear case
(a‘ﬁg) at anv Ay. This is because a cloud droplet is
smaller than a snow grain and the single scattering
albedo of a cloud dropiet is higher than that of a
snow grain. Thus, the cloud cover has the so-called
“albedo effect” {cooling effect) on the radiation bud-
get in the shortwave region at TOA. These results
are cousistent with the study of Yamanouchi and
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Charlock {1995), using satellite data and radiation
budget observation at the snow surface.

6. Effect of multiple reflection between snow
surface and cloud cover

Wendler et al. (1981) discussed the increase
of irradiance on the surface accompanied by the
change of surface optical properties from tundra
(low albedo) to smow (high albedo)} under Arctic
stratus cloud at Barrow, Alaska. They argued that
this is due to the multiple reflection between snow
surface and cloud cover. Yamanouchi (1983) also no-
ticed that both the global solar radiations for clear
and cloudy skies are larger than the observations in
mid latitudinal regions due to the multiple reflection
between snow surface and atmosphere (cloud cover).

Figure 15a shows the spectral distributions of
downward solar flux (F*) at snow surface under
clear and cloudy skies, and F~ at TOA (extrater-
restrial solar flux). In the near infrared region, the
value of F+ is large in order of TOA, clear atmo-
sphere, and cloudy atmosphere at any fp. In the
visible region at 5 = 74.3° the value of F* are large
iz the same order as the near infrared region. How-
ever, at By = 43.2° the value of F* for the cloudy
atmosphere is almost the same as that for the clear
case, and both exceed the extraterrestrial solar flux
in the region 0.375 < A < 0.475 pm. Furthermore,
at @y = 5.9° the value of F* for clear atmosphere
is larger than the extraterrestrial solar flux for the
broader region of 0.375 < A £ 0.5325 ym. The value
of F* for the cloudy atmosphere exceeds both of F'*
for the clear case and extraterrestrial solar flux at
almost all visible wavelengths.

The reason for this phenomenon is somewhat
complicated to explain. We shall consider a sim-
ple model of cloud-snow system where there is no
Rayleigh atmosphere, and no absorption by the at-
mospheric gases but only cloud. Let us denote the
monochromatic surface albedo of snow by R,, and
those of cloud against the direct solar flux and up-
ward solar flux by R.4 and H,, respectively. When
the direct solar flux of an amount of unity illumi-
nates this system, the total amount of monochro-
matic downward solar flux F* at the snow surface
becomes

(1 — Rcd)

F= (1= RoRew)’ @

after the multiple reflection between snow surface
and cloud layer. If R.s and R, are the same, F*
never exceeds unity. But they could be different in
the real feld. To examine this we only consider the
visible region (A = 0.45 pm) and small ;. The val-
ues of R.q was calculated by one-layer cloud model
with 7. = 10 (without underlying snow surface} illu-
minated by the direct solar beam, and we obtained
R.q = 0.36 at 8y = 5.9°. For the calculation of R, .
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Fig. 15. (a) Spectral distribution of down-
ward solar flux (F*) at snow surface
with rery = 200 pm under clear at-
mosphere of SW. and cloudy case with
7. = 10, and F* at TOA for three val-
ues of fy. Curves are successively dis-
placed upward by 0.5 kW/m?um except
for 0 = 74.3°. (b) Global solar radia-
tion at snow surface as a function of 8,
for clear atmosphere (Fy,) and cloudy
case (FZM}, that at sea surface for clear
case (Fu,) and cloudy case (Fey), and
that at TOA (FTOA)-

we assumed the cloud base is illuminated by diffuse
radiation, which is equivalent to the direct insola-
tion of solar beam at #; = 48° as shown in Fig. 1b,
and obtained R., = 0.49 from the one-layer cloud
mode! described above. Similarly the snow surface
is also illuminated by diffuse radiation, and we ob-
tained R, = 0.98 at 8y = 48° from one-layer snow
model with r.;s = 200 ym illuminated by the di-
rect solar beam. Using these parameters, we obtain
FY =123, showing the downward solar flux on the
snow surface exceeds the extraterrestrial solar flux.

For the case of clear atmosphere, R,y and R,
in Eq. (2} are replaced by the albedos of the atmo-
sphere, R 4 and R, respectively. These values are
calculated for the Rayleigh atmosphere illuminated
by the direct solar beam without underlying snow
surface, and we obtained R,y = .10 at 8y = 3.9°
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Major characteristics of the atmospheric effects on snow albedos: spectral surface albedo {a®). spectral

planetary albedo (a”}, spectrally integrated surface albedo (@°) and spectrally integrated planetary albedo (@7).
Subscripts means as follows; 4g: absorptive atmosphere with Rayleigh scattering, na: no atmosphere, AS: model
atmosphere of Antarctic summmer, MW: model atmosphere of midlatitude winter, 4g + a: aerosol contained
atmosphere, 4g + ¢: cloudy atmosphere. Meanings of the other symbeols are given in Table 1.

Albedo  'Gaseous absorption and Difference of AeTosols Cloud cover
Ravleigh scattering atmospheric type
a” Gas: ay, < a,, in absorption a\iw € ahs in HoO Weaken the fp Weaken the 8y
bands at large fg, bands at large 8p dependence (*1) dependence (1)
Rayleigh: Weaken the 8y
dependence at A < 0.5 um (*1)
aF Gas: aff < aj, in absorption afyw € affg in HoO Zg*ﬂ < @l at shorter A and af .. >al inthe near
bands, Significant for small .5y,  bands 4g+ﬂ > DZQ at longer A infrared (*2)
Rayleigh: Slightly QZQ > ag,
around A = 0.4 pm
=’ Bilw > a4 Weaken the fg WWeaken the 8y dependence,

=P
[+ e > =4
for MW

o Significant

=p =p
Oyw > a,g

dependence ("1} 5;g+c > E;gat any Ag

for large 7

=P =F
4g—a < Oy, -«
and a_l. “n > X

except at large fg < a;g

P .
igta at any fg

at large 84

*1: Albedo is increased

and 7, = 0.14 at 6 = 48° for A = 0.45 um. Using
these values with E, = 0.97 for direct illumination
at By = 5.9°, we obtain F! = 1.04 showing again the
downward solar flux on the snow surface is larger
than the extraterrestrial solar flux.

The keys to the condition which these phenomena
happen are “snow surface” (high R,), “visible wave-
length” (weak atmospheric absorption), and “small
solar zenith angle” (Reg < Ry, Rag < Beu). When
8y is large, Ry (or R.q) is not less than R, {or
Rg.), and thus F* never exceeds unity. For the near
infrared region, the value of R, is low and thus F+
never exceeds unity again.

Figure 15b shows the spectrally integrated values
{(global solar radiation) of the downward solar flux
at the snow surface under clear atmosphere (Fo)
and the cloudy case (F.;,), and those at the sea sur-
face under the clear case (F.;,.) and the cloudy case
(F..4) as a function of 8. For comparison, the cor-
responding value at TOA gfro_.\) is also shown. In
calculating the FZI,. and F_,,, the sea surface albedo
was assumed to be Lambertian, with a value of 0.05
for all wavelengths. Although the monochromatic
value of F* under the cloudy atmosphere exceeds
the extraterrestrial solar flux at small 6y in the visi-
ble regicn as has seen above F. ctg Dever exceeds both
F . and Froa, and Fctr also never exceeds FTO4
On the other hand, Fci'r‘ (01‘ chi) is la.rger than Foy,
(or Foy), and the ratio Foy, /F ., (or F/Foy) be-
comes 1.06 {or 1.87) at y = 5.9°. These are due to
the effect of multiple reflection between snow surface
and the atmosphere (or cloud cover). In particular,
the difference in global solar radiation between snow
surface and sea surface is significant for the cloudy

at small 8y and reduced at large 85,
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: Slightly Qig+c

< o:f;g for the visible, small fp and small ..

case. This shows the interaction between snow sur-
face and cloud cover is very important for the radi-
ation budget in the cryosphere.

7. Summary

The multiple scattering radiative transfer model
for the atmosphere-snow svstem has been developed
to estimate the atmospheric effects on the spectral
and spectrally integrated snow albedos at the snow
surface and TOA. In this model the interaciion be-
tween the snow surface and atmosphere is calcu-
lated using the “doubling and adding” method for
multiple scatiering, combined with the Mie theory
for single scattering by snow grain, aerosol particles
and cloud droplets in the wavelength region from
0.3 1o 3.0 um. The atmospheric transmittance of
gasecus absorption is calculated by the extended
exponential-sum fitting of transmissicns for three
kinds of model atmospheres.

The surface albedo varies with the fraction of the
diffuse component in the downward solar flux. This
fraction changes with the atmospheric composition.
As a result, the bebavior of surface albedo is influ-
enced by the atmosphere. The major characteristics
of the atmospheric effects on snow albedos clarified
in this study are summarized in Table 2. The atmo-
spheric absorptive gases reduce the surface albedo
@y, in the absorption bands at large fp, compared
with that for no atmesphere (cf,). In the HaO ab-
sorption bands the surface albedo for H2O rich at-
mosphere (aj,y ) is lower than that for HoO poor
atmosphere {af ) for 8y > 63.1°. However, the
spectrally integrated surface albedo for MW (G, )
is higher than that for AS {&%¢) by up to 0.021.
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This is because the downward solar flux F*()) in the
near infrared region is lower for H>O rich MW than
AS. This point is important for the interpretation of
the snow albedo observed with such spectrally inte-
grated instruments as pyranometers. On the other
hand, the spectrally integrated planetary albedo for
MW (&) is lower than that for AS (&) by up
to 0.043. At apny 8y the value of &P is lower than &@*
due to the atmospheric absorption. The difference
between @ and @° lies in the range of 0.1-0.3.

Antarctic coastal aerosols weaken both the 85 de-
pendences of spectral surface albedo aj,,,. and
spectrally integrated surface albedo @} ., at almost
all wavelengths. However, these aerosols have the ef-
fect of reducing the insolation to surface by the shad-
ing effect. Background sulfuric acid aerosols in the
Antarctic have no significant effect on the planetary
albedo of, ., (thus on & ..}, due to the low opti-
cal depth. The volcanic ash, however, reduces a§g+a
in the shorter wavelength region, and increases it in
the longer wavelength region. The resultant effect
on @, , by the volcanic ash is the reduction, ex-
cept at large 6p. Although these are basically due to
the difference in single scattering albedo between the
volcanic ash and snow grain, the difference in verti-
cal profile between the volcanic ash and absorptive
gases also affects the result.

High latitudinal middle clouds with large opti-
cal depth increase the spectrally integrated surface
albedo @3, at any . This is explained by the
difference in spectral distribution of downward solar
flux between clear and cloudy cases. Due to this ef-
fect and the shading effect of insolation, the cloud
cover has a cooling effect on the radiation budget
in the shortwave region at the snow surface. The
cloud cover increases the spectral planetary albedo
af .. in the near infrared region (and thus increases
@% . .) at any g due to the difference of single scat-
tering albedo between cloud droplet and snow grain.
Thus, the cloud cover studied here has a cooling ef-
fect at any fp in the shortwave region at TOA.

The downward solar flux on snow surface under
cloudy sky can exceed that for clear case in the vis-
ible region at small 4y, and both further exceed the
extraterrestrial solar flux. This phenomenon is ex-
plained by the multiple reflection between snow sur-
face and atmosphere {or cloud cover). Global solar
radiation on snow surface under cloudy sky never
exceeds that for clear case and that at TOA, but it
is 1.87 times larger than that on the sea surface. Al-
though the increase of downward solar flux by the
presence of cloud cover over snow surface was ob-
served in the past studies, the phenomenon that the
downward solar flux exceeds the extraterrestrial so-
lar flux has never been observed. This may be due
to the lack of spectral observations under the condi-
tion of smail 8y on snow surface. Such phenomenon
may be observed at high mountain areas in the low
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latitude.

It has been found that the effects of clouds on
albedo and radiation budget are important on the
snow surface. We did not study the effects of high
cloud or diamond dust, which frequently appear
in the polar region. The investigations for such
ice clouds with small optical depth are alsc im-
portant items in the snow covered area. However,
the amouns of their effects on snow albedo will be
smaller than those studied in the present work.
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Spectral albedo observation on the snow field at Barrow, Alaska
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Abstract. Spectral albedo observation at the visible and near infrared wavelengths
was carried out on the snow field at Barrow, Alaska in April, 1997. The data are
compared with the theoretical calculations made by a multiple scattering radiative
transfer model for the atmosphere-snow system using the snow physical parameters
observed by snow pit work. It is found that the optically effective snow grain size
is of the order of branch size for new snow consisting of dendrites, but is not of
the crystal size. The observed spectral albedo was lower than theoretically calcu-
lated for “pure snow™ in the visible and a part of the near infrared: such reduction
is explained by the internal mixture of soot and exiernal mixiure of dust for snow
particles. The theoretical spectral albedo calculated for a two-layer snow model that
contains impurities agrees very well with the observations at all wavelengths.

1. Introduction

The cryosphere is a very sensitive region for climate change and has large feed-
back effects for the climate system. Snow and ice albedos in the visible region are
very high and this makes the cryosphere act as a cold source on the global scale.
However, soot in the Arctic snowpack originating from the Arctic haze reduces the
albedo by up to 0.035 (WARREN and CLARKE, 1986). Such a reduction of snow albe-
do acts to accelerate the snow melting and reduces the albedo further. On the other
hand, the near infrared albedo decreases with increase of the snow grain size
(WiscoMBE and WARREN, 1980). In general, the snow grain size increases with snow
age due to sintering that depends on the snow temperature. Thus, we may say that the
snow grain size reflects the history of the snow.

There are possibilities of remote sensing for snow impurities by observation of
the visible albedo, and the snow grain size using the near infrared albedo (WARREN,
1982). One of the most suitable optical sensors for such observations may be the GLI
(Global Imager) in ADEOS-II (Advanced Earth Observing Satellite-1I) that will be
launched in 1999, GLI has 36 channels from the visible to infrared regions with 250
m or 1 km spatial resolution, 1600 km swath and global coverage in 4 days (NAKAJIMA
et al., 1994). We will estimate the snow impurities and snow grain size with GLI data.
The basis of these studies is a multiple scattering radiative transfer model for the
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atmosphere-snow system that simulates the spectral albedos at the snow surface and
the top of the atmosphere. To validate this model, field observations for the spectral
albedo and snow physical parameters have been done on the snow field at Barrow,
Alaska. from April 14 to 27, 1997. Under a clear sky, even a gentle slope of the snow
surface affects the snow albedo (GRENFELL and WARREN, 1994). As a simpler case in
which it is unnecessary to consider such an effect, the relation between the spectral
albedo and snow physical parameters under overcast condition on April 21 after new
snowfall 1s discussed in this study.

2. Observation

The cobservation site was a snow field on tundra 53 km of northeast of Barrow
town as shown in Fig. 1. The snow depth was 60 cm and the surface was covered by
new snow of 1 cm depth that fell on the day before the observation (Fig. 2). The grain
shape of surface new snow was dendrites with crystal size (radius) of 1-2 mm and
branch size (radius) of 20-50 pm. The second layer was fine-grained old snow with
the grain radius of 100-150 um and the third layer was faceted crystals with the grain
radius of 250400 um. The lowest two lavers were depth hoar with the grain radius
of 1-3 mm. These grain sizes were estimated using a portable microscope. Snow 1mpu-
rities were filtered within a day by 25-mm Nuclepore filters with the pore size of 0.2
um after melting the snow samples of the surface and 5~10 cm depth snow lavers.
The concentrations of impurities were estimated by direct weight measurements of the
Nuclepore filters. before and after filtering. with a balance. The sky condition was
overcast with altocurnulus. Air and snow surface temperatures were —14.2°C and
—11.0°C. respectively at 1200 LT.

A
1Ok Prevalhng wind
Alaska
Chukchi Sea

Pt. Barrow

Cbservation site
71°18'52" N
156°35'37" W

Barrow

Beaufort Sea

Fig. 1. Location map of the observation sire around Barrow,

56



Spectral Snow Albedo Observation at Barrow, Alaska 3

Depth Snowtype Snow grain size Density  Impurities Depth
{cm) (radius, um) {gfem3)  (ppmw) (cm)
0
¥ ¥ 2.46{0-1¢cm) 0
N 1000-2000(25-50) [—-0432 —————-——— -~
( ) 1.19 (5- 10 cm)
-—0418 ———————— —10
S 100 - 150
-— 0414 —————— —— —20
24
——0418 ———————— ~—{30
H1 250 - 400 -
0404 — — —— — — — _ —]40
44
H2 1000 - 1500
—-0319 ———————— —450
52
H2 2500 - 3000 7]
80 60

007707777777

Fig. 2. Veriical profile of the snowpack used for the spectral albedo observa-
tions. Snow tvpes are indicared by N for new snow. S for fine-grained
old snow, HI for faceted crystals and HZ2 for depth hoar. Snow grain
sizes were estimated by the portable microscope. The values in paren-
theses in the surface laver indicate the branch size of the dendrites.
Snow impurities were filiered within a day by 23-mm Nuclepore filters
with pore size of 0.2 um and the concentrations were estimated bv direct
weighting of Nuclepore filters with a balance.

The spectral snow albedo was observed by a grating type spectrometer, “FieldSpec
FR”, made by ASD Inc. (USA). It is necessary to observe the downward and upward
flux to obtain the albedo. The downward fiux was observed by directing the optical
fiber of the spectrometer toward the surface of a standard white reflection plate that
is set horizontally above the snow surface (Fig. 3). This method has the merit that the
so-called “cosine property” of reflection is very good compared with the case of using
a cosine collector. The upward flux was observed by directing the optical fiber toward
the underside of the standard white reflection plate. Another advantage is that it is
unnecessary to know the reflectance of the standard white reflection plate. The scan-
nmng spectral range of the spectrometer 1s (.35-2.5 um with the spectral resolution of
3 nm for the wavelength (A) of 0.35-1.0 um and 10 nm for A=1.0-2.5 um. The scan-
ning time is one second with the sampling interval of 1 nm for the full spectral range.
Detectors are one dimensional Si photodiode CCDs for A=0.35-1.0 ym and two dif-
ferent types of InGaAs photodiode for A=1.0-1.8 gm and A= 1.8-2.5 um. The spec-
tral snow albedo 1s the average of five spectral albedos obtained from five pairs of
measurements for the downward and snow reflected solar fluxes. It takes several min-
utes to obtain these quantities. To calculate the albedo. we used the raw digitized out-

57



4 Teruo AGKI ef al.

Fig. 3. A photo of the measurements of the downward solar flux on the
snow swrface with the spectrometer.

put count from the detector in which there is less error than the value calibrated with
a standard lamp.

3. Radiative Transfer Model

The observed spectral snow albedo is compared with the theoretical calculations
by a multiple scattering model for the atmosphere-snow system. In the snow laver(s),
snow grains are assumed to be mutually independent ice particles and radiative trans-
fer is treated the same as the usval multiple scattering model in the atmosphere con-
taining aerosols or cloud particles. Radiative transfer processes are based on the Mie
theory for single scattering and the “doubling and adding” method for multiple scat-
fering omitting polarization (for details see AOKI er al., 1997). According to AOK] et
al. (1999), the effect of gaseous absorption on the spectral snow albedo is less than
0.01 at the solar zenith angle 8 =64", at which our observation was made, so that we

neglected gaseous absorption. Since the effect of cloud on spectral albedo cannot be
ignored (WiSCOMBE and WARREN, 1980). we assumed an ice cloud layer of 4-5 km
height in the Rayleigh atmosphere. The optical depth of cloud is 10 at A=0.5 ym and
Deirmendjian’s cloud model (DEIRMENDIIAN, 1964) with the effective radius 15 um is
employed for the size distribution. Since the effect of aerosols on the snow albedo 1s
smaller than that of cloud (AoKI e al., 1999), the aerosols were not considered in the
model atmosphere.

4, Results and Discussion

4.1. Snow grain size
The observed spectral albedo is compared with the theorenical calculations for a
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Fig. 4. Observed spectral snow albedo on April 21, 1997 at Barrow and theoretical
results for the effective snow grain radii (ra) of 25. 50, 100 and 1000 um., and
the semi-infinite geomerric depth. Solar zenith angle (6,) was 63.9-64.0° dur-
ing the observations and thar for theoretical calculation is 64.0°

single snow layer with the effective snow grain radii (res) of 23, 50, 100 and 1000
um. Figure 4 shows the observed and theoretical spectral albedos. In the absorption
bands of the atmospheric water vapor and carbon dioxide such as the wavelength
regions 1.8<A<2.0 um and A >2.4 um, the energy of downward solar flux is so weak
compared to the detector sensitivity that the obtained spectral albedo highly fluctu-
ates. Thus, observational data in which the downward or snow reflected solar flux is
zero are not shown in Fig. 4. The observed albedo is lower than any theoretical results
for r.z=25-100 um at the wavelengths A <0.9 pm and that for r.=— 1000 um at the
wavelengths A <0.6 yum. WaARREN and WISCOMBE (1980) showed that snow impurities
reduce the spectral albedo mainly in the visible region. This is because the difference
of absorption coefficient between ice and impurities such as soot and dust becomes
maximum in the visible region. The discrepancy between observed and calculated albe-
dos for A <0.9 um or 4 <0.6 ym in Fig. 4 seems to be due to the snow impurities as
will be examined in the following sections. The theoretical spectral ailbedo for ree=
25 pm agrees well with the observed one for A >1.5 um. In this region, there is no
significant effect of snow impurities on spectral albedo (WARREN and WISCOMBE.
1980). The grain shape of surface new snow on the observation site was dendries
with crystal size (radius) of 1-2 mm and branch size (radius) of 25-50 gm. The the-
oretical spectral albedo for r.;=1000 um is considerably different from the observed
one at all of the near infrared wavelengths. We, therefore, conclude that the optical-
ly effective snow grain size is on the order of branch size for the snow of dendntes,
but 1s not of the crystal size.
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4.2. Snow impurities

The observed concentration of snow impurities was 2.46 ppmw for surface snow
~and 1.19 ppmw for 5-10 cm depth. These were the results of direct weight measure-
ments of Nuclepore filters on which the impurities were stuck by passing the melted
snow sample. We have not yet analyzed the constituents of impurities, but according
to the microscopic observation of impurities on Nuclepore filters, mineral particles
with size smaller than 50 um and further small unknown particles were recognized.
Theoretical spectral albedos were calculated for snow with rw=25 pm and three kinds
of impurities, including soot-contaminated snow containing 2 ppmw internal mixture,
soot-contaminated snow containing 2 ppmw external mixture and dust-contaminated
snow containing 2 ppmw external mixture. For external mixture, the method by
WARREN and WisCOMBE (1980) is used for the soot and dust whose effective radii are
0.1 um and 1.0 um, respectively. For the internal mixture, eqs. (13)—(14) in CHYLEK
et al. (1983) with the same soot size as the external mixture and soot density p,=1.0
glcm’ (WARREN and WISCOMBE, 1980) are used. The refractive indices are assumed
to be m=1.8-0.5/ for soot. and the comptiled data by AFGL (1985) are used for dust.

Figure 5 shows the comparison of the observed spectral albedo with the theoret-
ical results for three kinds of snow impurities. The amount of 2 ppmw dust is too low
and the amount of 2 ppmw soot is too high even for internal and external mixtures
to account for the observed spectral albedo at the wavelengths A <0.9 ym. This sug-
gests that a small amount of highly absorptive material such as soot, and large amount

1 -O Poloabclo Clo c)IO ] I 1 I 13 1 I T T i L ] LIRLY 11 i
e Apr. 21, 1997 .
b X 11:45:32 - 11:46:37 LT A
o 08 9 -639-640° =
© L 0 4
2 . New snow / Cloudy -
= L Barrow .
0.6 | -
m - -
g i 3 1 i
= s & i
2 04l \i k. N
Z i i x " ol ]
8 . Calculation {r_, = 25 umj: i ";%13 i
v 02 o Dust/ Ext. /2 ppmw § T
- ® Soot/ Ext. /2 ppmw # -lﬂ
L X% Soot/ Int. /2 ppmw . ‘W 1
- - Observation = .

0.0 L I L I i 1 I 1 1 1 L I L LR L L I L L 1 1

0.5 1.0 1.5 2.0 2.5

Wavelength (um)

Fig. 3. Same as Fig. 4. except for theoretica! resulis. which are calculated for ry=25
Lm with soot-contaminated snow coniaining 2 ppmw internal mixtire, soot-con-

taminated snow containing 2 ppmw external mixture and dusi-contaminared
snow containing 2 ppmw external mixiure.
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of weakly absorptive material such as dust, are simultaneously contained in the snow.
The former contributes to the spectral albedo reduction in the visible and a part of the
near infrared. and the latter contributes to raise the concentration of snow impurities
measured by using Nuclepore filters. Therefore, we must consider a contaminated snow
model with both soot and dust. However, impurities cannot account for the discrep-
ancy. between theoretical and observed albedos at the wavelengths 0.9<A<1.35 um.
This discrepancy and the spectral albedo reduction by snow impurities at A <0.9 um
are further studied by calculating the spectral albedo for a two-layer snow model in
the following section.

4.3. Snow laver structure

The observed geometric depth of the surface layer was | cm (Fig. 2), but we
could not measure the density due to the very low density and thinness of the layer.
Tt is known that the mean density of new snow consisting of spatial dendrites is
0.036-0.039 g/cm’ except in a snowstorm, and the minimum is 0.02 g/cm’ (KAJIKAWA,
1989). There was no snowstorm when new snow fell on the surface on Apnl 20 at
Barrow. So we assume the density of new snow to be 0.05 g/cm’.

We calculated the theoretical spectral albedos for some combinations of snow
laver structure and snow impurities and obtained the best fitting of theoretical spec-
tral albedo to the observed one (Fig. 6). The theoretical calculations were carried out

Apr. 21, 1997 '
11:45:32 - 11:46:37 LT -

o 8. =639-64.0 =
© 0 4
8 New snow / Cloudy 4
T Barrow o
° T
3 J
R .
S [ P
» 04 i Calculation 7]
=z [ (7, =25/100 pm}: fg i
8 L. © d-. =10 mm f“x":‘ |
B 02F d =5mm i .
- 1 8

d' =2 mm
L - Observation

00 PO IS W S S N T
0.5 1.0 15 2.0 - 2.5
Wavelength (um)

Fig. 6. Same as Fig. 4, except for theoretical results. The theoretical calculations are done for
two-snow laver models with three geomerric depths (d.), 2. 5 and 10 mm. with densiry
of 0.05 gfer?® and roe =25 um in the first laver, and semi-infinite geomerric depth with
rar=100 pm in the second laver. The first snow laver is contaminated by 0.1 ppmw
internal soot mixture and 2 ppmw external dust mixture. The second snow laver is con-

iaminared by 0.1 ppmw internal sooi mixture and 1 ppmw external dust mixiure.
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for two-layer snow models with three geometric depths (1), 2, 5 and 10 mm, with
density of 0.05 g/cm’® and r.s=25 pm, in the first layer, and semi-infinite geometric
depth with r.=100 um in the second layer. The first snow layer is contaminated with
0.1 ppmw internal soot mixture and 2 ppmw external dust mixture. The second snow
laver is contaminated by 0.l ppmw internal soot mixture and 1 ppmw external dust
mixture.

Good agreement is obtained for the model with geometric depth 4,=2 and 5 mm
for the first layer at almost all wavelengths. In the case of d,= 10 mm, which is the
value observed in this study, the theoretical spectral albedo is higher than the observed
one by 0.05 to 0.1 at the wavelengths 1.0<A<1.35 pm. If we assume the value of
snow density to be 0.02 g/cm’, which is the minimum value of Kankawa (1989), the
geometric depths d,=2 and 5 mm in Fig. 6, respectively, become to 4,=35 and 12.5
mm. These values are consistent with the observed geometric depth.

On the other hand, soot concentration of 0.1 ppmw with internal mixture in both
snow layers leads to good agreement between theoretical and observed spectral albe-
dos. The Arctic background concentration of snow impurities ranges from 0.005 o
0.045 ppmw (WARREN and CLARKE, 1989). Our value 0.1 ppmw is twice the highest
value of WARREN and CLARKE (1986). Since our observation site was close to Barrow
town, there is a possibility that the snow was polluted by locally emitted scot. Dust
concentrations of 2 ppmw in the first layer and | ppmw in the second layer are con-
sistent with the measured results obtained by using Nuclepore filters.

5. Summary

Spectral albedo observation was carried out on the snow field at Barrow. Alaska
in April, 1997 and compared with the theoretical calculations made by a multiple scat-
tering radiative transfer model for the atmosphere-snow system using the snow phys-
ical parameters observed by snow pit work. Optically effective snow grain size is on
the order of branch size for new snow of dendrites, but is not of crystal size. Snow
impurities reduce the albedo in the visible and a part of the near infrared. The observed
albedo reduction in these regions is explained by the theoretical model for snow con-
taminated by an internal mixture of soot and external mixture of dust, where a small
amount of highly absorptive material such as soot contributes to the albedo reduction
in these regions and a large amount of weakly absorptive material such as dust con-
tributes to the gross concentration of snow impurities. The soot concentration esti-
mated bv the comparison between the theoretically calculated and the observed spec-
tral snow albedo is 0.1 ppmw. This value is higher than the Arctic background level
of 0.005 to 0.045 ppmw observed by WARREN and CLARKE (1986). Since our obser-
vation site is close to Barrow town. there is a possibility that the snow was polluted
bv the local emission of soot. An optical method such as that by the CLARKE (1982a,
b) may have to be introduced to clarify the concentration ratio of soot and dust for
snow impurities on Nuclepore filters. Snow layer structure is important for the spec-
tral albedo at the wavelengths 1.0<A<1.35 um. We obtained good agreement between
the theoretical and observed spectral albedos using a two-snow layer model based on
the assumption that the density of new surface snow is 0.02 g/cm’. This is the low-
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est density known for new snow.
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Chapter 4

Effects of snow physical parameters on spectral albedo and
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Abstract. Observations of spectral albedo and bidirectional reflectance in the wavelength
region of A =0.35-2.54n were made together with snow pit work on a flat snowfield in
eastern Hokkaido, Japan. The effects of snow impurities, density, layer structure, and grain
size attained by in situ and laboratory measurements were taken into account in snow models
for which spectral albedos were calculated using a multiple scattering modet for the atmosphere-
snow system. Comparisons of these theoretical albedos with measured ones suggest that the
snow impurities were concentrated at the snow surface by dry fallout of atmospheric aerosols.
The optically equivalent snow grain size was found to be of the order of a branch width of
dendrites or of a dimension of narrower portion of broken crystals. This size was smaller than
both the mean grain size and the effective grain size obtained from micrographs by image
processing. The observational results for the bidirectional reflection distribution function
{BRDF) normalized by the radiance at the nadir showed that the anisotropic reflection was very
significant in the near infrared region especially for A > 1.4um , while the visible normalized
BRDF (NBRDF) patterns were relatively flat.  Comparison of this result with two kinds of
theoretical NBRDFs, where one having been calculated using single scattering parameters by
Mie theory and the other using the same parameters except for Henyey-Greenstein (HG) phase
function obtained from the same asymmetry factor as in Mie theory, showed that the observed
NBRDF agreed with the theoretical one using HG phase function rather than with that using
Mie phase function, while the albedos calculated with both phase functions agreed well with

each other.
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1. Introduction

Snow cover is very sensitive to a climate change and has large feedback effects on the
climate system. The former is because local climate affects the phase change of ice (snow}) and
the latter is caused by the high albedo in the visible region. The modern radiative transfer
model for the snow albedo has brought us a better understanding of the optical properties of
snow in the shortwave spectral region. For example, the effects of solar zenith angle, snow
grain size, impurities, snowpack thickness, and incident condition on the spectral albedo were
examined by Wiscombe and Warren [1980) and Warren and Wiscombe [1980] using the delta-
Eddington approximation and Mie theory. Warren [1982] reviewed the historical development
of snow albedo modelings and snow albedo observations, and also described the possibility of
remote sensing (o estimate the snow physical parameters such as snow grain size and
impurities. Satellite remote sensing of snow is important for the studies of climate change
because of the large impact of the cryosphere on to the climate system. Li [1982] calculated the
BRDF of snow using Mie theory and the "doubling method" and showed the anisotropic
reflection property of snow. This is important for satellite remote sensing of a snow surface.
Han [1996] developed the snow BRDFEF model using the discrete ordinate method and Mie
theory to retrieve the surface albedo from satellite measurements in the Arctic. Leroux et al.
[1997] and Leroux et al. [1999] developed the polarized BRDF mode] using the "doubling and
adding” model together with Mie theory and ray optics, and compared the theoretical values
with measurements in the principal plane at A =1.65wm . They demonstrated that the snow
grain shape strongly affects the BRDF in the near infrared region and that hexagonal particles
rather than spherical particles give a better agreement with measurements. Leroux and Fily
[1998] developed the BRDF model including the effect of sastrugi with regularly spaced
identical rectangular protrusions. Aoki et al. [1999] examined the atmospheric effects, such as
atmospheric molecules, absorptive gases, aerosols, and clouds, on the spectral and spectrally
integrated snow albedos at the surface and at the top of the atmosphere. Thus, the snow albedo
models have been incorporated into the atmosphere-snow system and have become applicable

to the remote sensing of a snow surface with BRDF properties being taken into consideration.

67




In order to study the optical properties of snow, it 1S necessary to make spectral
measurements of snow as well as to apply theoretical approaches. Liljequist [1956] have
observed the albedos in four visible bands using a photoelectric cell and color filters, and
reported that the maximum albedo was 0.97 in the band of A = 0.52um . Measurements of
albedo with higher spectral resolution have been made by Grenfell and Maykut [1977.] for
A =0.4-1L0wm using a prism spectrometer on ice and snow in the Arctic sea. They
demonstrated an effect of the aging of snow on albedo and that the maximum albedo of dry
snow was in the range of A =0.4- 0.6um. Kuhn and Siogas [1978] reported results on
spectral albedo for a wider spectral range of A = 0.39-1.55.m for different types of snow in
the Antarctic using a spectrometer. The visible albedos observed by Grenfell and Maykut
[1977] and Kuhn and Siogas [1978] were too low compared to the theoretically predicted ones
for pure snow in the polar region. O'Brien and Koh [1981] observed the shallow snow
reflectance in the six n;:ar infrared bands from A =0.81 to 1.80wm using a radiometer
equipped with bandpass filters. They determined the snow grain size through image processing
for replicated snow samples. Since this was actually the size of snow aggregates, the
theoretically predicted grain size of new snow as estimated from the values of the near infrared
reflectance was much smaller than that estimated on the basis of image processing. Spectral
albedo measurements for a wide solar spectrum range (A = 0.38 - 2.45m ) have been made by
Grenfell et al. [1981] on a snowfield in the Cascade Mountains in the USA using the
spectrometer described by Grenfell [1981]. They examined the effects of snow grain size and
impurities on the spectral albedo for a wide range of snow life-time from new snow to granular
snow. Grenfell and Perovich {1984] observed spectral albedos for different types of sea ice in
the Arctic sea. They concluded that the variation in albedos is due primarily to differences in
vapor bubble density, crystal structure, and free water content of the upper layers of the ice.
Warren et al. [1986] observed the spectral albedo for A = 0.3 - 2.5t4n in Antarctica using two
kinds of spectrometers including the type described by Grenfell [1981] and obtained a high
value (close to unity) at visible wavelengths, as was theoretically predicted for pure snow.

However, in the near infrared region, the observed albedo were higher than those predicted for
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homogeneous snow, suggesting that the snow surface was covered by smaller snow grains.
Grenfell et al. [1994] observed spectral albedos on an Antarctic snowfield under cloudy
conditions which showed a good agreement with the theoretical ones calculated by means of a
two-layer snow model. On the other hand, some discrepancies remained at the near infrared
wavelengths under a clear sky. The reason for these discrepancies was not yet realized
although they quoted these possibilities: underestimation of smow grain size; inaccurate
correction of the instrument; and a fault in the model. Sergent et al. [1998] showed the
dependency of spectral hemispherical-directional reflectance on four types of snow in the region
of A =0.9-1.45um in a cold laboratory. Aoki et al. [1998] examined the spectral albedos for
A =0.35-2.5um using a grating spectrometer on a snowfield at Barrow, Alaska under a
cloudy condition, and demonstrated that the optically equivalent grain size (although they
originally used "optically effective grain size", we will use this term to avoid any confusion
with "effective radius" used for the size distribution) is of the order of the branch width of
dendrites for new snow.

Most measurements mentioned above were made under cloudy conditions. However,
it is necessary to examine the optical properties of snow under a clear sky in preparation for the
satellite remote sensing of snow using an optical sensor. The measurement of spectral albedos
under clear conditions is very difficult due to the following three reasons [Warren et al., 1986]:
The incident radiation is primarily a direct solar beam while the upward radiation is diffuse. (1)
A little deviation of the level setting of the instrument causes an error. (2) The deviation from
the so-called "cosine property” of the incident angular sensitivity of the instrument must be
corrected precisely. This correction must be applied to the diffuse component as well as to the
direct component, where the correction factor generally depends on the wavelength. (3) Even a
gentle slope of the snow surface can cause the snow albedo to be computed erroneously if not
accounted for. In general, an optically thin cosine collector that measures transmitted light has
an incident angle dependence which deviates much from the perfect cosine property. Although
this deviation would become small for an optically thick cosine collector, the transmittance

becomes degraded as the thickness increases. This causes a poor signal to noise ratio (SNR).
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Therefore, for the accurate spectral albedo measurement under a clear sky, the following are
required: (1) introduction of a measurement technique with less systematic errors; (2)
appropriate correction on the measured spectrum; and (3) careful selection of the snow surface
on the observation site. We have obtained the spectral albedo under a clear sky by means of an
observation system using a white reference standard together with correction for errors due to
the observation system. These albedos were compared with the theoretically calculated ones,
and the effects of snow physical parameters on the spectral albedo were investigated.

BRDF observation of a snow surface is very important for satellite remote sensing of a
snow surface or of the atmosphere above a snow surface because of the anisotropic feature of
snow reflectance. The early BRDF observations of snow surfaces were made for broad
spectral regions on the snowfield [Salomonson and Marlatt, 1968; Kuhn, 1974; Dirmhirn and
Eaton, 1975] and in the cold laboratory [O'Brien and Munis, 1975; O'Brien, 1977]. These
studies showed the anisotropic reflection properties of snow. Kuhn and Siogas [1978]
observed the monochromatic BRDF at A = 0.45um at the South Pole in Antarctica, and
reported the effect of sastrugi. Taylor and Stowe [1984a, b] demonstrated the basic features of
BRDF at the top of the atmosphere for snow, cloud, land, and ocean with NIMBUS-7 ERB
data. Kuhn [1985] examined the BRDF at A = 0.45, 0.514, 0.75, and 1.0um under specific
geometric conditions at several Antarctic sites and an alpine snow surface. Steffen [1987]
demonstrated the effects of snow grain size and snow type on BRDF properties from
measurements using an instrument with a bandpass filter of A = 0.4 - 0.5wn in the Tienshan
Mountains of China. Brandt et al. [1991] advanced Kuhn's work and showed the effects of the
direction of sastrugi on the BRDF at A = 0.9um as obtained from measurements at the South
Pole in Antarctica taking advantage of the constant solar zenith angle over the course of a day.
Carlson and Arakelian [1993] reported that the most anisotropic reflection in the principal plane
was observed at A = 2.0 wn as determined from reflection data from 0.5 to 2.3um at Vostok in
Antarctica. Grenfell et al. [1994] showed the BRDF pattern averaged over all Sun-sastrugi
azimuth angles at A = 0.9wn at the South Pole in Antarctica. Steffen [1997] made the same

observation as Steffen [1987] in Greenland and showed the BRDF patterns for several
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geometric conditions. Warren et al. [1998] studied the effect of surface roughness on the
BRDF at A =0.6, 0.66, and 0.9 wn observed at the South Pole in Antarctica from the point of
view of satellite remote sensing. Thus, BRDF observations have been made for some extent of
snow conditions, wavelengths, and geometry. However, since natural snow surface
conditions show wide variations, BRDF observations are required under various snow
conditions with narrow spectral resolution in a wider spectral range and under various
geometric conditions. On the other hand, it may be said that more theoretical studies on BRDF
of snow are still required. For example, the BRDF is very sensitive to snow grain shape in the
near infrared region. Thus, we have to investigate what kind of phase function is suitable for
BRDF calculation. It is not clear if the hexagonal ice plate shown by Leroux et al. [1999] is
applicable to all snow type. For such subjects, it is necessary to compare the measured BRDFs
of snow under various conditions with the theoretically calculated ones.

The first objective of this study is to investigate the effects of snow physical
parameters (snow grain size, impurities, and layer structure} on spectral albedo under clear
conditions using the spectral data, snow pit work data, and a radiative transfer model. The
second objective is to investigate the BRDF properties of snow and obtain the basic knowledge
required to develop an.accurate BRDF model. This work is linked with the satellite remote
sensing program which is to retrieve snow grain size and snow impurities using data obtained
by means of an optical sensor GLI (Global Imager) mounted on the Japanese satellite ADEOS-
Il (Advanced Earth Observing Satellite-1I) that will be launched in 2000 [Nakajima et al.,
1998]. Therefore, the BRDF analysis was done for 6 selected wavelengths in the visible and

the near infrared regions from among the GLI's 36 channels.

2. Observation conditions

Spectral albedo observations with snow pit work were made on February 22 - 25,
1998 at three sites on a snowfield around Kitami in eastern Hokkaido, Japan (Figure 1, Table
1). These observation sites were seasonally snow covered flat farms, where there were no

shadows caused by surface roughness, although slight undulation was seen. The spectral
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albedo data were selected under the conditions where the solar zenith angle was close to 53°
which was the vaiue at local solar noon, and the snow surface was illuminated by a direct solar
beam. The sky conditions were clear except on February 22 as shown in Table 1. A new
snowfall was observed on February 20 with a depth of about 10cm and on February 21 with a
depth of less than lcm. Snow conditions at the snow surface changed from new snow to
faceted crystals or granular snow during the observation period as shown in Figure 2, and
those in the lower part were depth hoar throughout this period. Snow grain size (radius) was
estimated using a handheld lens together with micrographs to provide the size distribution. In
situ measurement with a handheld lens gave two kinds of dimensions of grain size; one was a
half the length of the major axis of crystals or dendrites (r,) and the other was a half the branch
width of dendrites or a half the dimension of narrower portion of broken crystals (r,). Figure
3 shows micrographs for the surface snow (Figures 3a - 3d) from February 22 to 25 and those
for 5¢cm - and 20cm -depths on February 23 (Figures 3e - 3f). These micrographs together
with other pictures were used to estimate the size distribution of circle-equivalent radius for the
projected grains by means of the image processing software "Image Hyper II" made by Inter
Quest Inc. (Japan). The procedure of this image processing was as follows: The digitized
image of each micrograph of snow grains was converted to binary tone with an adequate
threshold level. Highly aggregated grains were masked automatically. For the remaining
grains, the projected area was directly measured for independent grains. In case of a few grains
attached to each other, they were scparated into independent grains by estimating the area of

overlapping between individual grains by means of a sphere-separating algorithm. The circle-

equivalent radius was calculated from the projected area, and the mean radius (r;,,.) and the

r;'ma ge

effective radius (r? : area-weighted mean radius, after Hansen and Travis, 1974) were

image *
obtained. Grenfell et al. [1994] and Grenfell and Warren [1999] argued that spheres of equal
volume-to-area-ratio (V/A) are more appropriate as the optically equivalent snow grain size.
Unfortunately, we could not estimate the radius of the equal-V/A sphere accurately for irregular
snow grains on our micrographs. The optically equivalent snow grain size will be discussed

using the roughly estimated radius of the equal-V/A sphere in subsection 6.3. The resultant
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size distribution is shown in Figure 4. The size distribution of the snow grain radius was wider

on later days than early days, and the mean radius was also larger on later days. The

rlrm.zge

values of r,

"mage WETE ClOSer to r, than r, at the snow surface in Figure 2 and were close to the
highest values in the range of r,. From Figures 2 - 4 we sce that the surface grain size
increased with the lapse of time, and it was generally smaller at the surface than in the deeper
layers. These facts are due mainly to the formation of faceted crystals or depth hoar. The snow
density around the surface was lowest on February 22 and became higher on later days. The
snow impurities (water-dissolved solid particles in the snowpack) were filtered within a day
using Nuclepore filters with a diameter of 25mm and the pore size of 0.2um, after melting the
snow samples of the surface layer (0 — 5cm) and of the sub-surface layer (5-10cm). The

concentrations of impurities were estimated by direct measurements of the weight of the

Nuclepore filters, before and after filtering, using a balance.

3. Instrumentation

The spectral albedo was observed using a grating spectrometer, "FieldSpec FR", made
by ASD Inc. (USA). The scanning spectral range of this instrument was 0.35-2.5um with
the spectral resolution of 3 nm for A =0.35-1.0pm and 10 nm for A =1.0-2.5um . The
scanning time was one second with a sampling interval of 1 nm for the full spectral range. The
detectors were one dimensional Si photodiode CCDs for A =0.35-1.0wn and two different
types of InGaAs photodiodes for A =1.0-1.8um and A = 1.8 - 2.5um . To obtain the albedo,
measurements of downward and upward fluxes were necessary. However, it was very
difficult to measure the downward flux accurately under clear conditions as stated by Warren et
al. [1986]. Thus, we made an albedo observation system (Figure 5) using a white reference
standard (WRS) of BaSO, "SRT-99" made by Labsphere Inc. (USA). The WRS was attached
horizontally to the tip of a pipe (black part in Figure 5 bottom) stretching from the mount set on
the top of a tripod. The length of the pipe was 0.9m. The downward flux was observed by
directing the optical fiber tip of the spectrometer downward to the upper surface of WRS. In

the case of the upward flux observation, an arm holding the optical fiber tip (hatched parts in
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Figure 5 bottom; we will call it the "optical fiber arm" hereafter) was tumed by 180° around the
pipe. The optical fiber had a conical field of view (FOV) subtending a full angle of
approximately 25°. The distance of WRS from the snow surface was about 0.3m .

This method has some advantages as follows: (1) the level of WRS can be set
accurately by means of a spirit level and does not change throughout the measurements; (2) it is
not necessary to know the absolute reflectance of WRS for albedo measurements; and (3) the
cosine property of reflection is generally better than that of a cosine collector. The deviation
from the perfect cosine behavior of the cosine collector used by Grenfell et al. [1994] was, at
maximum, 10 % at the incident angle of 60° and 40 % for 80°, and its wavelength dependence
was also very large. In our case, it was about 8 % at the incident angle of 60° and about 20 %
for 80° with slight spectral dependence (Figure 6a). Our system, however, underestimated the
fluxes due to the shading by the optical fiber arm. These effects were corrected as will be
shown in the next section. The spectral albedo for one snow surface was calculated by
averaging five spectral albedos obtained from five pairs of measurements for downward and
upward (snow reflected) solar fluxes. In general, it takes less than a few minutes to measure
these quantities under clear conditions. However, on February 22 it took 16 minutes due to the
presence of broken clouds. The standard deviation for these five observed albedos was also

calculated to check the data quality.

4, Corrections for radiant flux and albedo

Two kinds of effects should have been taken into account to obtain the radiant flux
with our instrument: one was the deviation from the cosine property of WRS and the other was
the influence of shading by the optical fiber arm. The former was calibrated in a laboratory
(Figure 6a), where WRS was illuminated from different incident angles by a direct solar
(parallel) beam led by the mirror of a heliostat. In this calibration there were no data for the
incident angles less than 20° due to the shadow of the optical fiber tip on WRS. Since the
deviation from the cosine property would be very small at small incident angles, we assumed

that the reflectance of WRS for the incident angles less than 20° followed the cosine property.
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Figure 6a shows that the spectral dependence of the reflection property of WRS was very
small. In the atmospheric absorption bands, the SNRs of measured spectra in this calibration
were not very good due to the use of direct solar radiation. Thus, we used the calibration curve
at A =0.52on with high SNR for all wavelengths. The influence of shading by the optical
fiber arm is also shown in Figure 6a, where the azimuthally integrated shading fraction is
plotted for each incident angle viewed from the center of the field of view of the optical fiber on
WRS.

Figure 6a shows that our observation system would have underestimated the radiant
flux due to the two factors mentioned above. We now define a factor f(6, ¢) as the ratio of the
observed value to the true one for the radiant flux coming only from the incident angle & and

the azimuth angle ¢. For the incidence of isotropic diffuse radiation, the ratio of observed

radiant flux to the true one f,. is given by

a2 -
Fug = 2]'0 f(8)sinGcospds, (1)

where f (6) is the azimuthally integrated value of f(8,¢) and is given by

@ =5 fite.9)de. )

For the direct solar beam, the ratio of observed radiant flux to the true one is expressed by
f..(0,¢) = f(8 =6,.¢ = ¢,), where 8, and ¢, arc the solar zenith and solar azimuth angles,
respectively. Although the upward flux and the diffuse component in the downward flux are
anisotropic in the strict sense, we assumed these fluxes are isotropic here. In our system, the
ordinate in Figure 6a corresponds to £(6) for WRS and 1- f(¢) for shading by the optical
fiber arm. In the case of WRS, the ¢ dependence of f(6,¢) is so small that we assumed
f(6) = f(#). For the direct solar beam, we also assumed f, " (8,,¢,) = f(6,). Putting the

WRS

data of Figure 6a into equation (1), fzr =0.946 and fy" =0.934 are obtained respectively

for WRS and the shading by the optical fiber arm. The correction of WRS should be made for
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both the direct and diffuse components in downward solar flux, and the correction coefficient

WRS

Cr,. (6,,A) for downward flux is given by

- rir(g ’)‘-) Fai (B’A)
Crar (00 2) =Ll o 3+ 17

; (3)

where £ (6,) is obtained from the data for WRS in Figure 6a, and r, (6,,4) and F g (B A)

are the fractions of direct and diffuse components in downward total flux (i.e., ru =1-7,),

respectively.  We calculated these fractions using the radiative transfer model for the

atmosphere-snow system which will be described in the next section. The calculated values of

7, and ry. for February 23, 1998 (6, = 56.8°) are shown on the right ordinate in Figure 6b.

Since the optical fiber arm held the fiber tip on the opposite side from the Sun and did not affect

the measurement of direct solar radiation for 6, > 20°, only the diffuse component should be

arm

corrected in the downward solar flux and the correction coefficient C; (6,.4) is given by

arm ri (B !A')
Crm(8y,2) = = (4)

arm
fdf}j"

For upward solar flux the correction coefficient C~ for WRS and CZ" for the optical fiber

Fup Fup
arm are simply given by
WRS ] =
CFup = L.WRS (3)
f diff
and
1
C“;’” = arm ° (6)
i f diff

The total comrection coefficients for downward and upward solar fluxes are given by

Crn (8o A)Cran (B, A) and C

WRSCarm

rup Crap» TESPeCtively, and thus the resultant net correction for

albedo 1s expressed by
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CWRSCarm
Copoad Os 1) = s | 7
aIbedo( 0 ) C;_";'::S (605 )L)C:—;:(go ) }“) ( )

The correction coetficients for February 23 are shown on the left ordinate in Figure 6b. In our
system, the correction coefficient for upward flux was larger than that for downward flux.
However, for the calculation of albedo they canceled out each other in part and the resultant net

correction was less than 1.06.

5. Radiative transfer model
5.1. Basic features of the radiative transfer model

A multiple scattering radiative transfer model for the atmosphere-snow system was
used for calculating the fractions of direct and diffuse components in downward solar flux
mentioned in the previous section and was used to compare the observed spectral albedo of
snow with the theoretical one. In the model, snow grains were assumed to be mutually
independent ice particles and radiative transfer was treated in the same manner as in the usual
multiple scattering model in an atmosphere containing aerosols or cloud particles. Radiative
transfer calculations were based on Mie theory for single scattering and the "doubling and
adding" method for multiple scattering omitting polarization. The details of this model have
been described by Aoki et al. [1999]. However, in the present study the imaginary part of the
complex index of refraction of ice revised by Kou er al. [1993] was used only for A =1 45um.
In the calculation for the fractions of direct and diffuse components in downward solar flux, we
assumed the model atmosphere of Midlatitude Winter [Anderson et al., 1986] together with the
Rural model for aerosols [AFGL, 1985]. The aerosol optical depth was assumed to be 0.1 at
4 = 0.5wm from the sunphotometer measurements in winter from 1993 to 1998 {JMA, 1999;
JMA, unpublished, 1999] at Ryori Station (39° 02' N, 141° 50' E, 230} m), which was a
background monitoring station nearest to our observation sites. For the calculation of spectral

albedo for the comparison with the observed one, a simplified model atmosphere was employed
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in the radiative transfer model for the atmosphere-snow system. This was because the effects
of gaseous absorption and aerosols with an optical depth of 0.1 on the spectral snow albedo
were both small enough for 8, s 63.1° [Aoki ef al., 1999], at which our gbservation was made,
so we assumed the aerosol-free Rayleigh atmosphere without gaseous absorption.

The BRDFs of the snow surface were calculated at 6 wavelengths (0.52, 0.71, 1.05,
1.24, 1.64, and 2.21um ) selected from among the GLI's 36 channels using the radiance model
for the atmosphere-snow system extended from the flux model mentioned above. Since there is
no strong gaseous absorption at the wavelengths concerned, we assumed the Rayleigh
atmosphere including aerosols mentioned above without the gaseous absorption for BRDF

calculation. The adopted definition of BRDF is the commonly used one given by

1,(6,,60,49)

BRDF,(0,,6,,A¢) = F.(8)
AVYD

; 8

where 8, and @, are the viewing angle and the incident zenith angle of direct solar beam,
respectively, A¢ is the relative azimuth angle of the viewing direction from the solar direction,

1,(6,.6,,A¢) is the reflected radiance from the snow surface, and F,(f,) is the downward

solar flux.

5.2. Optical characteristics of snow impurities

Warren and Wiscombe [1980] demonstrated that snow impurities reduce the spectral
snow albedo in the visible region and have no effect on spectral albedo for A > 0.9um where
ice itself becomes a strong absorber. The reduction of visible albedo is different depending on
the mixing type, such as external and internal mixtures {Chylek et al., 1983]. To examine the
mixing type, we took scanning electron microscope (SEM) photographs of snow impurities
collected on the Nuclepore filters (Figure 7). Since these particles comprise a large variety in
terms of size and shape, it is considered that a large proportion of them were materials of soil
origin. A small amount of spherical particles (maybe minerals) or particles which looked like to

be coagulated (maybe soot) were also recognized. These morphological characteristics suggest
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that they were anthropogenic aerosols produced by fuel burning. The concentration of these

15

impurities at the snow surface increased with time as shown in Figure 2. In view of these -

observations, most of the snow impurities were considered to be contained in snow as an
external mixture.

When the effect of snow impurities on spectral albedo is simulated as an external
mixture, it is necessary o calculate the single scattering parameters for the particles of
impurities. For such calculation Mie theory is used, where the particle size distribution and the
complex refractive index of impurities are required. To obtain the size distribution of the
impurities from the SEM pictures, a sample with a low concentration of impurities on the
Nuclepore filter was required. However, since some particles in our collected samples were
overlapped each other on the Nuclepore filter, it was difficult to estimate the size distribution
accurately. We determined only the mean particle radius as 1.0um from the SEM pictures
including Figure 7 and assumed a standard size distribution of the gamma-type [Hansen, 1971]
with an effective variance of 0.125. The imaginary part of the refractive index of the impurities
is the most important factor which affects albedo reduction and it is obtained from the
absorption coefficient by the following relation:

m, (L) =

AB.(R)
4z ©)

where m_ (A) is the imaginary part of the refractive index and 8,(A) is the volume absorption

coefficient. For measurements of the absorption coefficient, many techniques have been
developed [Clarke, 1982). Lindberg and Laude [1974] measured f§,(A) from the diffuse
reflectance of impuritics mixed with BaSO, diluting agent based on the Kubelka and Munk
theory. Since this technique requires a sample of several milligrams and it makes the sample
unsuitable for the use in SEM analysis after the measurement, this method was not applied to
our samples. Clarke [1982] developed the integrating sandwich (IS) method in which a
Nuclepore filter loaded with the impurities sandwiched between two high-reflectance diffusing

wafers, and the total transmittance is measured. This method can be applied only to well
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scattered samples and was not applicable to our samples due to the overlapping of particles on
the filter. We employed the integrating plate (IP) method [Lin et al., 1973; Clarke, 1982] to
measure S (4 ) from our samples collected on the Nuclepore filters. In this method the diffuse
transmittance of the Nuclepore filter loaded with the sample is measured. Since our samples
was somewhat thick for this method, multiple scattering by particles in the sample might have
caused overestimation of f,(A). Furthermore, according to Clarke {1982}, the value of 8, (1)
obtained by the IP method could be overestimated due to the internal reflection of the Nuclepore
filter and multiple reflection between the Nuclepore filter and the substrate's surface (opal glass

diffuser). To eliminate the third influence we used an integrating sphere as a light source and

made the illumination diffuse without using an opal glass diffuser. The value of g,(4) is

_obtained from the spectral measurement for net transmittance of impurities 7(A ) as
. 1 .
B.(2)=-7In(I(2)). (10)

where d is the depth of the layer of impurities on the Nuclepore filter. The value of d is

estimated from the weight w of the impurities, their density p, and the filtration area S,

(= 2.27cm’) of the Nuclepore filter by the relation

- (11)

We used the values measured with balance for w as mentioned in section 2 and took the typical

value of soil 2.0g/cm’ for p. |Japanese National Astronomical Observatory, 1999]. We
thereby obtained the imaginary part of the refractive index of snow impurities, m, (1), as
shown on the left scale in Figure 8 for sample 980223A1. The values of m, (A) for all
samples from February 22 to 25 lie in the range 1.4 x107 ~2.7x10™ at A =0.5wm and
41x107 ~7.2x107 at A =2.0wn. Warren and Wiscombe [1980] reviewed the

measurements of snow impurities and showed that the values of the imaginary part of the
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refractive index in the visible region are of the order of 107, But those for pure substances
generally vary widely over a large range of wavelength and are different from each other

|Bohren and Huffman 1983]. Figure 8 also shows the values of m, (A) for soot [AFGL,

1985], Dust-Like aerosol [AFGL, 1985], and ice [Warren, 1984; Kou et al., 1993] on the same
scale just for comparison. Qur estimated values of m, (A} were somewhat higher than the
values for snow impurities reviewed by Warren and Wiscombe [1980], and for Dust-Like

aerosol compiled by AFGL [1985]. This may owe to three possible reasons: (1) the

overestimation of 8, (A ) due to the multiple scattering by the overlapped particles of impurities;
(2) the overestimation of S, (A ) due to the internal reflection in the Nuclepore filter as described
by Clarke [1982}; and (3) the containing of soot in our samples as mentioned in the first
paragraph of this subsection. Since the effect of the second reason is evaluated to be as much

as 30% [Clarke, 1982], the first or the third one could be the main reason. Since the measured

values of m_ (A ) were scattered in the regions of A < 0.4um and A > 1.8wm due to low SNR
(see Figure 8), the fitted curve of m,, (4 ) obtained by means of a cubic equation of wavelength
was used in calculation of the spectral albedo of the snow surface. We obtained the curves of
m, (A ) for all of our samples. On the other hand, the real part of the refractive index, m (1),
is generaily measured by the immersion oil technique [Patterson et al., 1977], in which the
sample is immersed in an oil whose indices of refraction and dispersion are known. This
technique also makes the sample unsuitable for the use in SEM analysis after the measurement.

We therefore assumed the value of m (1) for Dust-Like aerosol compiled by AFGL [1985] as

shown on the right scale in Figure 8.

6. Effects of snow physical parameters on spectral albedo
6.1. Snow layer structure

The spectral albedo observed on February 23 was compared with the theoretical values
as shown in Figure 9 where the observed and theoretical spectral albedos are shown on the left
scale, and the standard deviation of observed albedo is on the right scale. At the wavelengths

where a large standard deviation was observed, the 'energy of the downward solar flux was
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relatively weak compared with the sensitivity of the detector of our spectrometer. This is due
mainly to the low sensitivity of the detector itself (A ~ 0.95um and A > 1.8um ) and the energy
of the downward solar flux was low because of the atmospheric absorption bands (4 ~ 0.4,
1.4, 1.9, and 2.5um). Except for these wavelengths, low values of standard deviation less
than 0.005 were obtained. The theoretical spectral albedos were calculated for four kinds of

snow models (Figure 10}, in which layer thickness, effective snow grain radius (r,;), and the

concentration of impurities (s ) were varied.

Model-1 consists of a pure snow layer with r . = 55m and a semi-infinite snow
depth. The grain size was determined from a comparison between observed spectral albedo and
the theoretical one in the region of A > 1.4wm. This was based on the theoretical calculation by
Warren and Wiscombe [1980], in which there are no significant effects of impurities on spectral
albedo in this wavelength region because of the high value of m,, (A} for the ice and its much
larger volume fraction compared with the impurities. The theoretical albedo agrees with the
observed one very well in this wavelength region. The value of r_, = 55um agrees with r,
better than r,, where r, is a half the length of the major axis of crystals or dendrites, and r, is a
half the branch widih of dendrites or a half the dimension of narrower portion of broken
crystals as shown in Figure 2. The relation between the near infrared albedo and snow grain
size will be further discussed in subsection 6.3. In the region of A < 1.4wmn, the observed
albedo is lower than the theoretical one. Some situations in parameters such as total snow
depth and vertical profiles of snow grain size and impurities could be considered as the reasons
for this discrepancy between the albedos. To examine this, the observed albedo was compared
with the theoretical one calculated for Model-2 without impurities, in which the snow grain
size, depth, and density were determined from the results of snow pit work. The observed

snow grain size {particularly r, ) varies drastically near the surface (see Figure 2b}). To simulate

this condition, in Model-2 we assumed three pure layers with r =55um (0 -1cm ), 110wm
(1-3cm), and 1000um (5-30cm). In the second layer, the value of r, =110um was

assumed to be twice that of r = 55.m 1n the top layer according to the measurements of r,.

For snow density the observed value p =0.16g/ cm’ was assumed for the top layer and a
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constant value p=0.2g/ cm’ was assumed for the two lower layers. The visible albedo is
reduced in Model-2, but is not sufficiently low. This is due to the snow impurities as we have
mentioned above. The measured concentration of impurities was 4.0ppmw in the layer of
0 - 5c¢m and 1.2ppmw in the layer of 5~10cm. We made Model-3 which was the same as
Model-2, except for the impurities whose concentration was assumed to be s = 4ppmw for the
top two layers and s = 1ppmw for the bottom layer. The theoretical albedo for Model-3 is
further reduced in the region of A < 1.0wm, but does not yet correspond to the observed one.
Now we considered that the snow impurities might have been concentrated at the surface, and
Model-4 was made in which the concentration of impurities was assumed to be s = 18ppmw
for the top 0 — lem layer and s = 1lppmw for the two lower layers. The concentration in the top
layer was set so as to keep the total column amount of impurities in the layers of 0 - 5cm as
determined from the observed value of 3.6ug /cm”, where it was 3.7ug /cm® for Model-4.
We can see the best agreement between the observed albedo and the theoretical one with Model-
4. These results suggest that only a thin top layer rather than the whole depth of 0 - 5cm of
snow was highly contaminated and this occurred due to dry fallout of atmospheric aerosols.
This conclusion holds even if the values of the absorption coefficients of impurities were
overestimated due to multiple scattering by the particles of impurities as mentioned in
subsection 5.2. A small discrepancy in the albedo between observed and calculated values is
noted only in the region of 1.2 < A <1.4wm. Similar results were also found from the data of
the other days as will be shown in the next subsection, altﬁough the reason is not clear at this

stage.

6.2. Estimation of snow impurities

Theoretical calculations of spectral albedo using snow models similar to Model-4 were
performed for February 22, 24, and 25, and compared with the observations as shown in
Figures 11a - 11c. The snow models assumed for these three days are shown in Figures 12a -

12c, respectively. The effective grain radius (r,, ) and snow deasity (p ) were determined by

the same method as in the previous subsection. In the case of February 22, the best agreement
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is obtained using the value of s close to the measurement. However, on February 24 the value
of s by which the theoretical albedo agrees with the observed one is 50 ppmw in the layer of
0-0.3cm . In this case the total column amount of impurities in the layer of 0 -5cm is
5.7ug / cm® which is somewhat larger than the measured value (4.11g / cm”). This result may
be due to an error in the thickness of snow sampling because it is not easy to take a snow
sample of the layer of 0 - 5cm precisely. In the case of February 25, a good agreement 1s
obtained for s = 20ppmw with a total column amount of impurities 5.8ug / cm’ | in the layer of
0 - Sem (the measured value was 6.0ug/ cm’). From these analyses, we can delineate the
daily change in snow contamination as follows. On February 22 just after the snowfalls
(February 20 and February 21), the snow surface was comparatively clean and had a high
visible albedo. Thereafter, snow impurities gradually became concentrated at the surface due to
dry fallout of atmospheric aerosols. The measured concentration of snow impurities in the
layers below Scm -depth on February 22 were higher than those on the other days. Possible
reasons are the difference in observation sites or an error in the thickness of snow sampling.
However, even if the value of s = 1ppmw is assumed for the 5-30cm on February 22, the
spectral albedo increases, at maximum, only by 0.001 at A =0.5um .

In the above analyses small discrepancies in albedos between observed and calculated
values are still found at around 1.3um for all cases in Figures 11a - 11¢, as was found on
February 23. These results suggest that a systematic error in the calculation and/or observation
had been present in this work, but it has not been clarified at this stage. Sergent er al. [1998]
discussed the optical radius (= our optically equivalent radius) determined from the measured
hemispherical-directional reflectance at A = 0.99 um makes the theoretical value of the spectral
hemispherical-directional reflectance agree with the measured one in a wide region of
A =09 -1.45um . If such measurement is extended to longer wavelengths, the uncertainty in

the present study would be clarified.

0.3. Snow grain size

In this subsection we will compare the optically equivalent snow grain size, that gives
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the best fit to theoretical spectral albedo, with the in situ measured snow grain size and that
determined from micrographs by image processing. Grenfell et al. [1981] noted that the
observed albedo was lower than that theoretically predicted from the measured snow grain size
on the basis of snow pit work, where they defined the snow grain size as 0.5 times the smallest
dimension of typical particle. O'Brien and Koh [1981] reported that the grain size of new snow
theoretically predicted from the near infrared reflectance was much smaller than that determined
on the basis of image processing for replicated ice crystals. Sergent et al. [1998] showed that
the mean convex radius (defined as the inverse of the mean curvature of the grain contour
obtained by the image-analysis system) of snow grains was larger than the optical radius except
for large grains, as determined from measurements of hemispherical-directional reflectance at
A =0.9-1.45um in a cold laboratory. Aoki et al. [1998] demonstrated that the optically
equivalent grain size 1s of the order of the branch width of dendrites for new snow. The
different relations of observed grain size to model grain size found by these different authors
are most likely explained by different choices of equivalent sphere.

We examined in detail the relation between the optically equivalent snow grain size of
sphere and the measured geometrical grain size. Table 2 shows the comparison of the grain

and r?

image

radii obtained from snow pit work (r, and r,), image processing (7,

Fiage } and spectral

albedo fitting in the region of A > 1.4um (r;). The value of r, is the size commonly uvsed in
glaciological measurements, with which the values of r;, do not correspond. Most values of
ry, arein the range of r,. That is, the optically equivalent size is of the order of a branch width

of dendrites or of a dimension of narrower portion of broken crystals, just as was found by

Aoki et al. [1998]. The values of 7,

image

are 1.6-2.6 times larger than r; , and the values of

reﬁ’

image

are approximately 1.5 times larger than Thus, both the snow grain radii estimated

Fimage
by image processing are not applicable as the optically equivalent grain size to our irregular
snow particles. Grenfell and Warren [1999] showed that the scattering and absorption
properties of nonspherical ice particle are represented using equal-V/A spheres from the

theoretical calculations for randomly oriented infinite long cylinder of ice. Although we cannot

estimate the radius of the equal-V/A sphere accurately for irregular snow grains in our
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micrographs, we could roughly make an estimate of radius of the equal-V/A sphere by
assuming our snow grains to be hexagonal columns and to lie along the c-axis in our

micrographs. According to Grenfell and Warren [1999], the radius of equal-V/A sphere r,, for

hexagonal column is given by

3J§ac

r, = s 12
" 4c +24Ba (12}

where a 1s the length of each side of the hexagon and ¢ is the length of the column. The

projected area (not a surface area) measured by image processing is 2ac and equals to a7, ’

image *
We, here, need the ratio 2a/ ¢, that is the width / length ratio of each snow grain. This ratio
increases trom February 22 to 25 as shown in Figure 3. We roughly estimated the ratios 2a/ ¢
from our micrographs to be 1/5, 1/4, 1/3, and 1/2, respectively, from February 22 to 25.
Thus, the values of r,, are obtained as shown 1 Table 2. These values agrees with r; as
discussed by Grenfell and Warren [1999].

The grain radius can be defined as the radius of (1) the equal-volume sphere, (2) the
equal-surface-area sphere, (3) the equal-projected-area sphere (4) the equal-V/A sphere, (5) half
the long dimension, or (6) half the short dimension. Grenfell er al. [1981] and Aoki et al.
[1998] used the definition (6}, and the analyses by image processing use the definition (3). In
general, the snow grain sizes by the definitions except (4) and (6) are larger than the optically
equivalent one. In the paper by O'Brien and Koh [1981], very small particles less than 50 wm
were not identified as replicated ice crystals and, thus, their estimated grain size for new snow
as determined by image processing might have been larger than the theoretically predicted one.
On the other hand, we confirmed that there was no liquid water in the network of snow grains
in our observation. If water exists in the snowpack, it would act to increase the optically

equivalent grain size by bonding snow grains.

7. Effects of snow physical parameters on BRDF
7.1. Observation of BRDF
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The BRDF observation was carried out on the same snow surface for the albedo
measurement on February 25 at Site-B of which the results were shown in the previous section.
This observation was made using two types of optical heads: one was the bare optical fiber
whose field of view (FOV) was 25° for full angle and the other was a foreoptics head with 1°-
FOV attached to the optical fiber. The former was set up as in the case of the albedo
observation system (see Figure 5) without WRS where the azimuth and zemith angles were
controtled by turning the azimuth direction of the mount and the viewing direction of the optical
fiber arm, respectively. The latter (foreoptics) was set to a goniostage (angle-setting device) on
a tripod on the snow surface. Since the distance from the snow surface to the foreoptics was
about 1.0m, even a slight undulation of the snow surface could affect the BRDF pattern
observed with the foreoptics, especially at low 8,. On the contrary, at high 8, the FOV of the
optical fiber was too broad to measure the target accurately. We thus made a composite BRDF
pattern from the measurements obtained with the optical fiber for 8, < 70° and from those
obtained with the foreoptics for 6, = 80° .

In the calculation of BRDF, it is necessary to measure F,(#,) as shown in equation
(8). However, it was difficult to obtain its accurate value in measurement with the foreoptics
and WRS because the foreoptics head was large in size (60mme x 120mm ) compared to that of
WRS (150mm x 150mm ) and it obstructed the light coming from the zenith direction. In many
studies involving the BRDF observation, the anisotropic reflection factor R, (6,,6,,A¢) has
been used [Taylor and Stowe, 1984a, b; Brandt et al., 1991; Grenfell et al., 1994; Warren et
al., 1998] which is defined as

aBRDF,(6,,6,,A8)
4,(6,)

RA (Bv,g(,,A¢)= s (13)

where A4,(6,) is the spectral albedo. The resulting R, (6,,6,,A¢) has an average value of 1.0
over the (8,, A¢) hemisphere. The value of R,(6,,6,,A¢) 1s expressed only by the upward

radiance /,(8,,6,,A¢) and is given by
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,(8,,0, A
RA(BV’BD!A¢)= in ;w2 A( - _0 ¢) .
fJ;IA(GV,GO,Aqb)schos&i&i(Aqb)

0

(14)

The ment of using R, (8,,6,,A¢) is that it is not necessary to know the value of F (6,) in
equation (8). However, the complete angular measurement of I,(0,,8,,A¢) is required and it
was not obtained in the case of our observations. We therefore calculated the normalized
BRDF (NBRDF) b)la taking into account the radiance at the nadir. The composite NBRDF
pattern was also calculated from each NBRDF obtained by means of the optical fiber and the
foreoptics.

Figure 13 shows the observed composite NBRDF for 6 wavelengths, where we used
the display method employed previously by Taylor and Stowe [1984a, b] and Warren et al.
[1998]. The anisotropic reflection property is very significant at A =1.64 and 2.21um, while
in the visible region the NBRDF patterns are relatively flat. The reason for this was explained
by Leroux et al. {1999] as follows: since in the visible region the single scattering albedo is
close to unity due to the weak absorption of ice, the BRDF is not influenced by the single
scattering parameter, and vice versa in the near infrared region. A similar result was obtained in
the principal plane by Carison and Arakelian [1993] in the measurement of anisotropic
reflection in Antarctica. Our result was expected in view of the findings of Warren et al. [1998]
where the BRDF pattern was found to become more anisotropic with a relatively strong
forward peak for A > 0.9wm, where snow is more absorptive. The maximum NBRDF is
observed at A, = 85° in the forward scattered direction (the bottom of each map) being 2.2 at
A=052um and 16.2 at A =1.64m. In the side scattered directions (the left and right
directions on each map), the NBRDF decreases to some degree with the viewing angle in the
visible region and increases in the near infrared region. Observation by ADEOS II / GLI will
be made only in the range 8, = 45°, where the NBRDF varies from 0.94 to 1.14 at
A =0.52um and from 0.88 t0 2.19 at A =1.64um. If the appropriate correction on BRDF is
not made in the satellite remote sensing, a large amount of error would be present in the

retrieved snow parameter values, especially in the near infrared channels. Furthermore, even
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the uncertainty of 10% in the snow reflectance at A = 0.52 wm could bring the serious error for

the remote sensing of snow impurities.

7.2. Theoretical calculation of BRDF and comparison with measurement

Figure 14 shows the theoretically calculated patterns of NBRDFs using two different
phase functions under the same snow conditions as used in Figure 11c. The first one (left side)
was calculated using the single scattering parameters calculated for spherical ice particles by Mie
theory and the second (right side) using the same parameters except for the phase function of
Henyey-Greenstein (HG), which was calculated from the same asymmetry factor as in Mie
theory. The most conspicuous difference between these two NBRDFs is the presence of a
rainbow in the case of using Mie phase function, where it can be significantly seen at
A =1.64um and it appears at any wavelength although it cannot be seen clearly. On the other
hand, no rainbow is seen at any wavelength in the measurements shown in Figure 13. The
second point to be noticed is the maximum value of NBRDF that is seen at just below the
horizon in the forward scattering direction. It is higher in NBRDF using Mie phase function
than in using HG phase function: the values of NBRDF at 6, = 85° are 3.0 (Mie), 2.2 (HG),
and 2.2 (observation) for A =0.52m, and are 23.4 (Mie), 14.2 (HG), and 16.2 (observation)
for A =1.64 wm. From these comparisons of the theoretical NBRDFs with the measured ones,
we see that HG phase function simulates our measurement of NBRDF better than Mie theory.

Figure 15 shows Mie and HG phase functions of snow grains in the top layer of the
snow model used in these NBRDF calculations. The peak at the scattering angle of around
135° in Mie phase function causes the rainbow of BRDF and the forward scattering peaks in
both phase functions are responsible for the maximum value of BRDF. These phenomena can
easily be explained where single scattering by snow grains is dominated. Since multiple
scattering by snow grains is dominant in the visible region due to the weak absorption of ice,
the pattern due to the single scattering is hidden by the multiple scattering. On the contrary, in
the near infrared region low order scattering is dominant due to the strong absorption of ice,

and this makes the rainbow or maximum value in the forward scattering region in BRDF. As a
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result, the shape of the phase function affects the BRDF of snow, and thus the snow grain
shape also affects the BRDF. From these points of view it seems that the general hexagonal
shapes are not suitable for BRDF calculation, and the spherical shape is not suitable either,
because the halo is not usually seen on the snow surface itself although it occasionally appears
in the Antarctic Plateau [Warren et al., 1998]. The shapes of snow grains are different from
each other and change in the course of the aging of snow. Even in cirrus clouds, the halo does
not necessarily appear. In measurements with a polar nephelometer by Gayet et al. [1998],
examining cirrus of irregular shape, a smooth phase function was observed at forward
scattering angles.

Studies on single scattering properties of nonspherical ice particles in clouds can
provide us with useful information for our BRDF studies of the snow surface. One suggestive
work was done by Macke et al. [1996a] who had calculated the phase function for randomized
triadic Koch-fractals and found that it becomes smooth with increasing distortion. In this case
the complicated shape of the ice particles eliminates particular peaks such as the halo or rainbow
in the phase function. Smooth phase functions have been obtained in theoretical calculations
for ice particles with inclusions of such as air bubbles or soot [Macke et al., 1996b;
Mishchenko and Macke, 1997], imperfect hexagonal ice crystals [Hess et al, 1998], a
randomly oriented oblate spheroid [Mishchenko and Travis, 1998], and a plate of hexagonal ice
particles [Leroux et al., 1999]. Comparison of the observations with these models is the next
coming item of the present study. In addition, it will be necessary to conduct studies on: (1)
direct measurement of the phase function of snow particles at each stage of snow age;.and (2
calculation of single scattering for irregular ice particles.

We have seen in this subsection that the shape of the phase function is important for
BRDF calculation. It is now worth checking the effect of the phase function on albedo. Figure
16 shows a comparison of theoretical spectral albedos obtained using Mie and HG phase
functions for the snow model of February 25. We see that there is almost no difference in

spectral albedo between Mie and HG phase functions. This result holds except for the large 6.

This means that the asymmetry factor is important for albedo, but the detailed shape of the
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phase function does not affect the albedo. It leads us to safely say that the use of Mie phase
function is appropriate for snow albedo calculations. However, the results presented in this
subsection indicate that the observation of only the snow albedo is insufficient for the ground

truth in satellite remote sensing of snow.

8. Conclusions

Spectral albedo and BRDF observations in the wavelength range from 0.35 to 2.5um
were made on a flat snowfield in the mid-latitude region. From comparisons of the observed
spectral albedos and theoretical ones obtained in calculations using a multiple scattering model
for the atmosphere-snow system, the reduction detected in visible albedo could be explained by
the high concentration of snow impurities at the surface (< lcm), where the total column
amount of impurities in the layer of 0 - 5cm was as much as that measured in snow pit work.
This suggests that the high concentration of impurities at the surface was caused by dry fallout
of atmospheric aerosols. The optically equivalent size of snow grains was estimated on the
basis of the albedo in the near infrared region of A > 1.4wn , and was found to be of the order
of a branch width of dendrites or of a dimension of narrower portion of broken crystals. This
size was smaller than both the mean grain size and the effective grain size obtained from
micrographs by image processing. However, if the snow grains on the micrographs were
assumed to be hexagonal columns, the radius of equal volume-to-surface-area ratio sphere
became close to the optically equivalent snow grain size. These results suggest that careful
interpretation of retrieved data will be necessary in satellite remote sensing of snow grain size
and impurities in the future.

In the measurement of BRDF, the anisotropic reflection patterns were significant in
the near infrared region of A > 1.4pm, while the visible BRDF patterns were relatively flat.
Comparisons with the theoretically calculated BRDFs showed that HG phase function was
more suitable than Mie phase function, while the spectral albedos calculated with both phase
functions agreed with each other with negligible error. This indicates that the phase function

(thus, the grain shape) affects the BRDF of snow and an asymmetry factor 1s generally
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important for the spectral albedo. The shapes of individual snow grains are generally so
different that a particular shape such as a sphere is not employable for BRDF calculation. It is
thus desirable to pursue studies such as the direct measurements of the phase function of snow
grains at each stage of the aging of snow together with theoretical calculations for the irregular
ice particles. These are important steps required for making a successful satellite remote

sensing of snow surface.
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Figure captions
Figure 1. Map showing the locations of observation sites in eastern Hokkaido, Japan. The
sea of Okhotsk was mostly covered by sea ice during the observation period. The

prevailing wind at the time of snowfall was northwestern.

Figure 2. Vertical profiles of snow parameters obtained from snow pit work from February
2210 25, 1998. Snow types are indicated as NS for new snow, H1 for faceted crystals,
H2 for depth hoar, S1 for fine-grained old snow, C for crust, and G for granular snow.
Snow grain sizes were measured with approximately 10 gm -resolution using a handheld
lens for two kinds of dimensions, where one is a half the length of major axis of crystals
or dendrites (r,), and the other is a half the branch width of dendrites or a half the
dimension of narrower portion of broken crystals (r,). Snow impurities were collected
on the Nuclepore filters and the concentration was estimated by means of a balance. The

snow sample name is indicated in parentheses below the concentration of impurities.

Figure 3. Micrographs of snow grains (a) - (d) for the surface from February 22 to February

25, 1998 and (e) - (f) for Scm - and 20cm -depths on February 23, 1998.

Figure 4. Size distributions of sphere-equivalent radius of snow grains at the surface
obtained by image processing from February 22 to 25, 1998. The values r,, . and :ﬂge
are, respectively, the mean radius and the effective radius, and N is the total number of

processed snow grains. The highly aggregated grains on the micrographs were excluded

in image processing,

Figure 5. Albedo observation system: (top) photograph of the observational setup; and
(bottom) a schematic diagram of the setup for downward and upward flux observations.
The downward flux was observed by directing the optical fiber tip of the spectrometer

downward to the upper surface of WRS which was attached horizontally to the edge of a
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pipe (black part) with a length of 0.9m stretching from the mount on a tripod. In the
case of the upward flux observation, an arm holding the optical fiber tip (hatched parts)
turned by 180° around the pipe. The distance of WRS from the snow surface was about

0.3m .

Figure 6. (a) Deviation from the perfect cosine property in the incident angle dependence of
the reflectance of WRS (shown by characters) and the azimuthally integrated shading
fraction by the optical fiber arm for each angle of incidence viewed from the center of the
field of view of the optical fiber on WRS (solid line). The underestimate of radiant flux
due to the imperfect cosine property of WRS was 5.36 % for complete diffuse
illumination, and 6.19 % for direct solar beam at &, = 56.8°. The total shading fraction
by the optical fiber arm was 6.56 % for complete diffuse illumination. (b) Fractions of
the diffuse component (r,,(6,,4): thin dashed line) and the direct component
(r,,(8,,A): thick dashed line) in downward solar flux theoretically calculated for

6, = 56.8° , and correction coefficients for upward solar flux (Cj,’Cr: middle solid

WgRS

line), downward solar flux (Cp,, (6,,A)Cr;(6,,A): thin solid line), and albedo
(C,peac{By+4) 1 thick solid line) on February 23, 1998.

Figure 7. Scanning electron microscope (SEM) photographs of snow impurities collected on
Nuclepore filters for the snow samples (top) 980223A1 (0 -5cm) and (bottom)
980223A2 (5-10cm) on February 23, 1998.

Figure 8. Spectral variations of refractive indices of snow impurities estimated from

measurement of the transmittance of a Nuclepore filter on which the impurities in the

snow sample 980223A1 had been collected. Imaginary parts (m,,(4)) are shown by

solid lines with the left ordinate, and real parts (m ,(A)) are shown by dashed lines with

the right ordinate. Values for soot [AFGL, 1985], Dust-Like aerosol [AFGL, 1985],

and ice [Warren, 1984; Kou et al., 1993] are also plotted for comparison. The fitted
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curve of m_(A) obtained by means of a cubic equation of wavelength for the snow

sample is given by m_, (1) = -0.0141%> + 0.061127 - 0.0478) +0.0317,

Figure 9. Observed spectral albedo (left ordinate), its standard deviation (right ordinate) on
February 23, 1998 and theoretically calculated spectral albedos for four kinds of snow
models shown in Figure 10. Observed data are thinned down to one twentieth and only
those for which the standard deviation was less than 0.1 are shown. Other observation

conditions are shown in Table 1.

Figure 10. Snow models for which the theoretical spectral albedos were compared with the

measurement on February 23, 1998, where r; is the effective snow grain radius, p 1s
the snow density, and s is the concentration of impurities. In the column of m,, the

name of the snow sample is indicated from which the imaginary refractive index of

impurities was derived.

Figure 11. Same as Figure 9 for Model-4, but for (a) February 22, (b) February 24, and (c}

February 25 in 1998. Observation conditions are shown in Table 1.

Figure 12. Snow modeis on (a) February 22, (b) February 24, and (c) February 25 in 1998,
for which the theoretical spectral albedos were calculated and compared with the

measurements as shown in Figure 11.

Figure 13. Composite NBRDFs of snow for 6 wavelengths as obtained from measurements

of anisotropic reflectance with an optical fiber of 25°-FOV for 6, < 70° and those
obtained with foreoptics of 1°-FOV for 6, = 80°. The measurements using the optical
fiber were made in 12:22 - 12:58 LT (6, =54.0 - 56.0°) and using the foreoptics in

13:20 - 13:34 LT (6, =57.9 - 59.3°) on February 25, 1998 at Site-B. All reflectances

are normalized by the value at the padir. The plus signs on the each NBRDF map
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indicate the observed points. The radial coordinate is proportional to the viewing angle

6., which is zero at the center of the circle (nadir) and is 90° on the circle. The

illumination from the Sun comes from the lower direction of each map, so the bottom of

the each map is the forward scattering direction.

Figure 14. Theoretical NBRDFs of snow for 6 wavelengths. The semicircular maps on the
left side were calculated using Mie phase function and those on the right side using HG
phase function. The mesh points on each of the NBRDF maps indicate the grid points

where calculations were made.

Figure 15. Mie and HG phase functions of snow grains for 4 =0.52 and 1.64 um in the top

laver of the snow model (see Figure 12¢) of February 25, 1998. The curves for

7 =1.64 um are displaced upward by a factor of 10°.

Figure 16. Comparison of theoretical albedos using Mie and HG phase functions (left
ordinate) for the snow model of February 25, 1998. The difference between the two

albedos is shown on the right ordinate.
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Table 1. Locations and Conditions of Observation of Snow Albedo

Feb. 22, 1998 Sitc A 43°56'20"N  143°39'25"E  105m 11:26- 1141 54.2-54.3° 5/10 Cu and 1/10 Ac
Feb. 23,1998 Site B 43°45'33"N  144°10'26"E 57m  10:14-10:15  56.8 -56.9° 1/10 Cu

Feb. 24,1998 SitceC 43°45'55"N  44°11'18"E  75m  12:23-12:25 544 -54.5° Clear

Feb. 25,1998 Site B 43°45'33"N 144 10'26"E  57m  10:34- 1036 54.7 - 54.8° Clear

The value of 7, means the solar zenith angle.



Table 2. Comparison of Grain Radii (gm) of Snow Surface Obtained from

Snow Pit Work (r, and r,), Image Processing (7, rT and r,,), and Spectral

image * 'image
Albedo Fitting in the Region A > L4wm (r)

Feb. 22, 1998 100 - 750 50 - 100 89 140 42 35
Feb. 23, 1998 300 - 500 50 - 150 109 163 57 55
Feb. 24, 1998 100 - 500 50 - 150 132 195 77 65
Feb. 25, 1998 250-750 50-150 143 220 96 85

The value of r| is a half the length of the major axis of crystals or dendrites, and
r, is a half the branch width of dendrites or a half the dimension of narrower

portion of broken crystals. The values r, . and q:ﬂge
effective radius, respectively. The radius of the equal-V/A sphere r,, is given by
the equation (12). The value of r,, is a theoretical effective radius of the top layer
of snow that gives the best fit to observed spectral albedo in the region of

A >14um.

are the mean radius and the
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Figure 1. Map showing the locations of observation sites in eastern Hokkaido, Japan. The sea of
Okhotsk was mostly covered by sea ice during the observation period. The prevailing wind at the
time of snowfall was northwestern.
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Figure 2. Vertical profiles of snow parameters obtained from snow pit work from February 22 to
25, 1998. Snow types are indicated as NS for new snow, H1 for faceted crystals, H2 for depth
hoar, S1 for fine-grained old snow, C for crust, and G for granular snow. Snow grain sizes were
measured with approximately 10 -resolution using a handheld lens for two kinds of dimensions,
where one is a half the length of major axis of crystals or dendrites (r,), and the other is a half the
branch width of dendrites or a half the dimension of narrower portion of broken crystals (r,). Snow

impurities were collected on the Nuclepore filters and the concentration was estimated by means of a
balance. The snow sample name is indicated in parentheses below the concentration of impurities.
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(c) February 24, 1998/ Site C
Observed in 11:00 - 12:10 LT
Air temperature = -3.7 *C at 11:00 LT
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(d) Februarv 25, 1998 / Site B
Observed in 09:15 - 10:30 LT
Alr temperature = -9.9 °C at 09:20 LT
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Figure 2. Vertical profiles of snow parameters obtained from snow pit work from February 22 to
25, 1998. Snow types are indicated as NS for new snow, H1 for faceted crystals, H2 for depth
hoar, S1 for fine-grained old snow, C for crust, and G for granular snow. Snow grain sizes were

measured with approximately 10 tam -resolution using a handheld lens for two kinds of dimensions,
where one is a half the length of major axis of crystals or dendrites (r,), and the other is a half the
branch width of dendrites or a half the dimension of narrower portion of broken crystals (r,)}. Snow

impurities were collected on the Nuclepore filters and the concentration was estimated by means of a
balance. The snow sample name is indicated in parentheses below the concentration of impurities.



Figure 3. Micrographs of snow grains (a) - (d) for the surface from February 22 to February 25,
1998 and (e) - (f) for Sc¢m - and 20cm -depths on February 23, 1998.
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Figure 3. Micrographs of snow grains (a) - (d) for the surface from February 22 to February 25,
1998 and (e) - (f) for Scm - and 20cm -depths on February 23, 1998.
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Figure 3. Micrographs of snow grains (a) - (d) for the surface from February 22 to February 25,
1998 and (¢) - () for 5S¢ - and 20cm -depths on February 23, 1998,
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Figure 3. Micrographs of snow grains (a) - (d) for the surface {rom February 22 to February 25,
1998 and (¢} - () for Scm - and 20cm -depths on February 23, 1998,
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Figure 3. Micrographs of snow grains (a) - (d} for the'surface from February 22 to February 23,
1998 and (¢) - (f) for Scm - and 20cm -depths on February 23, 1998.
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Figure 3. Micrographs of snow grains (a) - (d) for the surface from February 22 to February 25,
1998 and {e) - (f) for Scm - and 20cm -depths on February 23, 1996.
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Figure 4. Size distributions of sphere-equivalent radius of snow grains at the surface obtained by

image processing from February 22 to 25, 1998. The values 7. and ri.,im, are, respectively, the

mean radius and the effective radius, and N is the total number of processed snow grains. The
highly aggregated grains on the micrographs were excluded in image processing.
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Figure 5. Albedo observation system: (top) photograph of the observational setup; and (bottom) a
schematic diagram of the setup for downward and upward flux observations. The downward flux
was observed by directing the optical fiber tip of the spectrometer downward to the upper surface of
WRS which was attached horizontally to the edge of a pipe (black part) with a length of 0.9m
stretching from the mount on a tripod. In the case of the upward flux observation, an arm holding the
optical fiber tip (hatched parts) turned by 180° around the pipe. The distance of WRS from the snow

surface was about 0.3m .
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Figure 5. Albedo observation system: (top) photograph of the observational setup; and (bottom) a
schematic diagram of the setup for downward and upward flux observations. The downward flux
was observed by directing the optical fiber tip of the spectrometer downward 1o the upper surface of
WRS which was attached horizontally to the edge of a pipe (black part) with a length of 0.9m
stretching from the mount on a tripod. In the case of the upward flux observation, an arm holding the
optical fiber tip (hatched parts) turned by 180° around the pipe. The distance of WRS from the snow

surface was about (0.3m .
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Figure 6. (a) Deviation from the perfect cosine property in the incident angle dependence of the
reflectance of WRS (shown by characters) and the azimuthally integrated shading fraction by the
optical fiber arm for each angle of incidence viewed from the center of the field of view of the optical
fiber on WRS (solid line). The underestimate of radiant flux due to the imperfect cosine property of
WRS was 5.36 % for complete diffuse illumination, and 6.19 % for direct solar beam at g, = 56.8°,
The total shading fraction by the optical fiber arm was 6.56 % for complete diffuse illumination. (b)

Fractions of the diffuse component (7,,(6,,4): thin dashed line) and the direct component

(r,;,(8,.4): thick dashed line) in downward solar flux theoretically calculated for 6, = 56.8° , and

WRSCurm

correction coefficients for upward solar flux (Cp, ~Cc7: middle solid line), downward solar flux

(Cr(By, 2 )Ci(B,,2) - thin solid line), and albedo (C,,,,,(6,,4) : thick solid line) on February 23,
1998.
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Figure 7. Scanning electron microscope (SEM) photographs of snow impurities
collected on Nuclepore filters for the snow samples (top) 980223A1 (0-5 c¢m) and
(bottom) 980223A2 (5-10 cm) on February 23, 1998.
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Figure 8. Spectral variations of refractive indices of snow impurities estimated from measurement
of the transmittance of a Nuclepore filter on which the impurities in the snow sample 980223A1 had

been collected. Imaginary parts (m,, (1)) are shown by solid lines with the left ordinate, and real

parts (m,(A)) are shown by dashed lines with the right ordinate. Values for soot [AFGL, 1985],
Dust-Like acrosol [AFGL, 1985], and ice [Warren, 1984; Kou et al., 1993] are also plotted for
comparison. The fitted curve of m, (4) obtained by means of a cubic equation of wavelength for the

snow sample is given by m, (h) = -0.0141%" + 0.06 1 1" - 0.0478% + 0.0317.
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Figure 9. Observed spectral albedo (left ordinate), its standard deviation (right ordinate) on
February 23, 1998 and theoretically calculated spectral albedos for four kinds of snow models shown
in Figure 10. Observed data are thinned down to one twentieth and only those for which the standard
deviation was less than 0.1 are shown. Other observation conditions are shown in Table 1.
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Figure 10. Snow models for which the theoretical spectral albedos were compared with the

measurement on February 23, 1998, where r; is the effective snow grain radius, p is the snow

density, and s is the concentration of impurities. In the column of #m,, the name of the snow sample
is indicated from which the imaginary refractive index of impurities was derived.
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Figure 11. Same as Figure 9 for Model-4, but for (a) February 22, (b) February 24, and (c)
February 25 in 1998. Observation conditions are shown in Table 1.
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Figure 12. Snow models on (a) February 22, (b) February 24, and (c) February 25 in 1998, for
which the theoretical spectral albedos were calculated and compared with the measurements as shown
in Figure 11.
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0.52um 0.71 m

1.05m 1.24 um

1.64 um 2.21um

Figure 13. Composite NBRDFs of snow for 6 wavelengths as obtained from measurements of anisotropic
reflectance with an optical fiber of 25°-FOV for 6, < 70° and those obtained with foreoptics of 1°-FOV for
@, =80°. The measurements using the optical fiber were made in 12:22 - 12:58 LT (6, =54.0 - 56.0°) and
using the foreoptics in 13:20 - 13:34 LT (6, = 57.9 - 59.3°) on February 25, 1998 at Site-B. All reflectances are
normalized by the value at the nadir. The plus signs on the each NBRDF map indicate the observed points. The
radial coordinate is proportional to the viewing angle 6,, which is zero at the center of the circle (nadir) and is

90° on the circle. The illumination from the Sun comes from the lower direction of each map, so the bottom of
the each map is the forward scattering direction.
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Mie

1.64um 2.21um

Figure 14. Theoretical NBRDFs of snow for 6 wavelengths. The semicircular maps on the left
side were calculated using Mie phase function and those on the right side using HG phase function.
The mesh points on each of the NBRDF maps indicate the grid points where calculations were made.
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Figure 15. Mic and HG phase functions of snow grains for 4 =0.52 and 1.64wm in the top layer
of the snow model (see Figure 12¢) of February 25, 1998. The curves for A =1.64 um are displaced

upward by a factor of 10°.
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Figure 16. Comparison of theoretical albedos using Mie and HG phase functions (left ordinate) for
the snow model of February 25, 1998. The difference between the two albedos is shown on the right
ordinate.
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General Summéry

A multiple scattering radiative transfer model in the shortwave wavelength
region has been developed for the atmosphere-snow system in which the absorption and
scattering by the realistic gases, aerosols and clouds were included and a radiative
interaction between the atmosphere and the snow was simulated. Using this model the
atmospheric effects on spectral albedo and radiation budget at the snow surface and the
top of the atmosphere were investigated. Furthermore, observations of spectral albedo
and bidirectional reflection distribution function (BRDF) with the spectrometer have
been made together with the snow pit works on some snowfields. The results of
spectral observations were compared with the theoretically calculated ones with a
multiple scattering model for the atmosphere-snow system and the effects of snow
physical parameters on spectral albedo and BRDF were investigated.

In Chapter 1, the approximation methods for Mie phase function were
discussed in calculating the spectral albedo of snow surface by taking account of the
multiple scatiering by snow particles. The particles such as snow grains which are
large compared to the wavelength have a strong forward peak in the phase function of
single scattering. It has been known that a large error is led by the calculation of
multiple scattering directly using such phase function. Therefore, four types of
approximations of Mie phase function were investigated in calculating the multiple
scattering by snow particles using the "doubling" method. These involve Hansen's
renormalization, Grant's renormalization, the delta-M method and the truncation method.
Using these approximations, the spectral albedos of snow surface were calculated under
the conditions of effective grain radii of 50, 200 and 1000m in a wavelength region
from 0.3 to 3.0gn, and were compared to that calculated using the delta-Eddington
approximation. The reason to compare with the delta-Eddington approximation is that
this method does not need a phase function and a behavior of the systematic error is
undersiood. In the Hansen's renormalization, fhe maximum albedo error exceeded 0.1
for the snow with an effective radius of 1000m at small solar zenith angles. The
delta-M method overestimated the snow albedos at all solar zenith angles at the
wavelengths less than 1.4um for the snow with an effective radius of 1000gm. This
was due to the insufficient angle resolution (0.1° in a scattering angle region less than

2°Y} in the forward peak region of the look-up table of Mie phase function. If was
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shown that even with ten times higher resolution in the scattering angle region less than
10° a sufficient accuracy could not be obtained for an effective radius of 1000wn at the
wavelengths less than 0.6wm. Reasonable results were obtained by the Grant's
renormalization and the truncation method for all three cases of effective grain radii
studied. It was also found that these methods save computation time and memory
because the sufficient accuracy was obtained even with an angle resolution of 0.1° in
the forward peak region of phase function. In case of truncation method, the result
was not sensitive to the choice of a truncation angle between 5° and 20°.

In Chapter 2, the atmospheric effects on spectral and spectrally integrated snow
albedos at the snmow surface and the top of the atmosphere were investigated. A
multiple scattering radiative transfer model based on the "doubling and adding" method
combined with the Mie theory was applied to estimate the effects of absorption and
scatiering by the atmospheric molecules, absorptive gases, aerosols and clouds. Based
on the result of Chapter 1, the truncation method with the truncation angle of 10° was
employed to correct the anisotropic Mie phase function. It was shown that the spectral
surface albedo was reduced by the atmospheric absorptive gases at large solar zenith
angles. The solar zenith angle dependence was weakened at the wavelengths less than
0.5um by the Rayleigh scattering and at almost all wavelengths by the atmospheric
acrosols and cloud cover. H,O rich atmosphere decreased the spectral surface albedo
at large solar zenith angle in the H,O bands, while the additional reduction of
downward solar flux in the near infrared region by H,O absorption caused the
spectrally integrated surface albedo to increase by s;:veral percent.  Aerosols increased
the spectrally integrated surface albedo at small solar zenith angles and reduced it at
large solar zenith angles, however they reduced the spectrally integrated planctary
albedo except at large solar zenith angles. Optically-thick cloud cover increased both
the spectrally integrated surface and planetary albedos at any solar zenith angle. In the
visible region at small solar zenith angles the downward solar flux on the snow surface
under cloudy sky could exceed that for clear case, and both further could exceed the
extraterrestrial solar flux, resulting from the multiple reflection between snow surface
and the atmosphere (cloud cover). The global solar radiation on snow surface under
cloudy sky, however, never exceeded that for clear case and that at the top of the

atmosphere.
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It is concluded, from what has been said above, that the snow surface albedo is
affected by the appearances of cloud or aerosols of high concentration. It is also found
that the snow surface albedo is affected by the Rayleigh scattering at shorter
wavelengths and by the atmospheric absorption at large solar zenith angles. Thus, it is
necessary to take the atmospheric effects into account for comparison of the theoretical
albedo of snow surface with the measured one, according to the conditions of clouds,
aerosols, water vapor and solar zenith angle.

In Chapter 3, the spectral albedo in the wavelength region of 0.35-2.5 wm
observed on the snowfield under the cloudy sky at Barrow, Alaska in April, 1997 was
discussed. The observed spectral albedo was compared with the theoretical ones
calculated by a multiple scattering model for the atmosphere-snow system developed in
Chapter 2, in which the snow physical parameters obtained from the snow pit work
were used. It was found that for new snow consisting of dendrites the optically
effective snow grain size was not a crystal size, but of the order of a branch width.
The observed spectral albedo was lower than theoretically calculated one for "pure
snow" in the visible region and a part of the near infrared region; such reduction was
explained by the internal mixture of soot and the external mixture of dust for snow
particles. The theoretical spectral albedo calculated for a two-layer snow model that
contains impurities agreed well with the measured one at all wavelengths. These
results mean that the weakly absorptive dust contributed to the gross concentration
(weight mixing ratio) of snow impurities estimated from snow sample and the highly
absorptive soot contributed to the albedo reduction in the visible region.

In Chapter 4, the effects of snow physical parameters on spectral albedo and
bidirectional reflectance of snow surface were discussed by comparing the observed
spectral data with the theoretical ones. The observations of spectral albedo and
bidirectional reflectance in the wavelength region of 0.35- 2.5 um were made together
with snow pit work on a flat snowfield under the clear sky in eastern Hokkaido, Japan in
February, 1998. The effects of snow impurities, density, layer structure, and grain size
attained by in situ and laboratory measurements were taken into account in Snow
models for which spectral albedos were calculated using a multiple scattering model for
the atmosphere-snow system. Comparisons of these theoretical albedos with measured
ones suggest that the snow impurities were concenirated at the snow surface by dry

fallout of atmospheric aerosols. The optically equivalent snow grain size was found to
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be of the order of a branch width of dendrites or of a dimension of narrower portion of
broken crystals as was same in Chapter 3. This size was smaller than both the mean
grain size and the effective grain size obtained from micrographs by image processing.
This means that the optical equivalent snow grain size is smaller than the so-called
snow grain size measured glaciologically. The observational results for the BRDF
normalized by the radiance at the nadir showed that the anisotropic reflection was very
significant in the near infrared region especially at the wavelengths longer than 1.4 um,
while the visible normalized BRDY (NBRDF) patterns were relatively flat.
Comparison of this result with two kinds of theoretical NBRDFs, where one having
been calculated using single scattering parameters by the Mie theory and the other using
the same parameters except for Henyey-Greenstein (HG) phase function obtained from
the same asymmetry factor as in the Mie theory, showed that the observed NBRDF
agreed with the theoretical one using HG phase function rather than with that using Mie
phase function, while the albedos calculated with both phase functions agreed well with
each other. This suggests that the optically effective snow grain shape is neither the
sphere nor the ordinary hexagonal column, by which respectively the rainbow or halo
appear in the theoretical BRDF pattern, but is the nonspherical particle having the
smooth phase function.

As we have been seen above, the multiple scattering model for the realistic
atmosphere-snow system in the shortwave region have been developed by the following
things: (1) the examination of appropriate approximation method for Mie phase
function; (2) the emplovment of exact multiple scattering scheme and (3) considering
the interaction between the atmosphere and snow. Using this model the quantitative
atmospheric effects on the snow albedos were estimated. The optically equivalent
snow grain size and the effects of snow layer structure of impurities on spectral albedo
were also investigated by comparing the observed spectral albedos with the theoretical
ones calculated with this model. It was concluded from these results that the snow
albedo is affected by the external factors such as the atmospheric conditions or solar
zenith angle although the snow albedo properties are basically determined by the
physical parameters of snow itself such as grain size, grain shape, impurities and layer
structure. Furthermore, it was suggested from the comparison between the measured
snow BRDF and the theoretical one that the observational BRDF pattern was explained

with the nonspherical snow particles having the smooth phase function.
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From the viewpoint of satellite remote sensing of snow surface, the followings
are understood: Since the optically equivalent snow grain size is much smaller than
the ordinary grain size measured glaciologically, new snow would be measured as the
smallest grain, which is rather the advantage for monitoring the snow grain size from
the space with a satellite. The new snow would be observed as small grains with a size
of several tens micrometers and the old granular snow would be observed as large
grains with a size of several millimeters. Since the snow grain size varies depending
on the history of meteorological conditions such as the temperature and solar radiation
under which the snow has exposed, the retrieved snow grain size is possible to be used
for monitoring the climate change on the ice sheet with a small amount of short term
variation of snow grain size. The information content of snow grain size included in
the spectral albedo of snow is most abundant in the near infrared region of 1.5-2.3 won .
Compared to the snow with a grain radius of 1000 gen , the spectral albedo of the snow
with the grain radius of 50wn is from several to over ten times higher in this
wavelength region and the range of this albedo variation is large enough to make the
detection of the snow grain size actual. On the other hand, the snow impurities could
enhance the global warming because it reduces the visible albedo. It is necessary to
monitor the concentration of snow impurities in the globe. However, compared to the
pure snow, the visible albedo is reduced only from several to several tens percent even
by the dirty snow with relatively high soot concentration of 1ppmw. It is expected that
the more accurate observation is necessary for the snow impurities than the snow grain
size. The optical sensor of earth observation satellite ADEOS-II/GLI described in
"General Introduction” in this study will equip the visible and near infrared channels
which are effective to retrieve the snow grain size and snow impurities. GLI will also
carry the 1.6 wn channel which is advantageous to the discrimination of cloud cover
over the snow surface. Therefore, it is expected that the global distributions of the
snow parameters mentioned above will be clarified.

Some problems to be solved have remained in this study. In the comparison
of spectral albedo of snow surface between the observation and theoretical calculation,
the observed albedos were always lower than the theoretical ones at the wavelengths of
1.2-1.34m . This reason is not clear on the present stage and it is necessary to be
investigated further including the optical properties of ice. The snow grain shape

would change depending on each stage of the metamorphoses or aging of snow. Thus
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it is necessary to model the snow grain shape (or phase function) depending on the snow
type of each stage of snow age for the theoretical studies of snow BRDF properties.
Together with this, it is effective to measure the phase function of snow particles
directly by a pblar nepherometer. The studies of BRDF for the non-uniform snow
surface such as sastrugi have just begun recently. It needs the approaches both from
the observation and the theory. Although the multiple scattering model for the
atmosphere-snow system developed in this study is applicable at the solar zenith angles
less than 80°, it is desirable to keep the high accuracy even at larger solar zenith angles
for the use in the polar regions. Particularly for the studies of ultraviolet radiation in
the polar regions, the theoretical calculation would also be necessary under such
geometric conditions and thus the improvement of the model is the next coming item.
The observation by ADEOS-II/GLI will be started after 2000 and the synchronous

validation observation on the snow surface is the most important subject.
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